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Abstract
Earth is an active planet, generating various indigenous sources and, at the same time,
responding to them as a medium. This thesis covers a wide range of topics in seismology, including earthquake rupture, near-surface seismic structure, and the variations
within the mantle transition zone. Despite these disparate subjects, there is a common
theme: the development of novel approaches to expand our ability to study the Earth’s
internal processes.
I have developed a method to examine three-dimensional complexity of the spatiotemporal evolution of deep rupture processes, while the conventional approaches assume the problem to be two dimensions. This approach uses the Doppler effect, i.e.,
stretching and shrinking of waveforms, to investigate if the rupture propagates linearly
and uni-/bi-directionally, or in a more complex pattern. The method has been applied
to two deep (∼600 km) earthquakes in the Kuril subduction zone and revealed that they
have very different three-dimensional geometry despite occurring within the same slab.
The complex rupture pattern also points to the existence of a complicated stress field,
contrary to the relatively uniform stress field typically assumed or argued for shallow
earthquakes. In addition, I have introduced another technique for imaging small-scale
iii

(<100 km) variations in 410- and 660-km discontinuities. Based on the technique, I
find broad or missing 410-discontinuities that are difficult to explain only by high water
content, and the variable sharpness suggests patchy melt pockets with high temperature
and high iron content. Moreover, “double 660-km discontinuities” separated by only 10
to 20 km are observed, each corresponding to akimotoite to bridgmanite and post-spinel
transitions. The former exhibits steep Clapeyron slope that can potentially inhibit mantle
convection in subduction zones. In my third project, I have developed a new approach to
estimate the seismic wave speed near the surface (∼100 m) by extending the Snell’s law
to show that wave speed beneath a seismometer controls the recorded orientations of
body-wave arrivals. It has been applied to Japan, generating a map of near-surface wave
speeds that is found to correlate with topography, volcanoes, and geology. This technique opens new paths for earthquake hazard assessment that is reliable, non-invasive,
and both computationally and financially inexpensive, and that can be applied in any
part of the world. The technique is also extended to constrain variations of wave speeds
with depth based on observations of frequency-dependent polarization, which is applied
to broadband stations in Japan and United States. Moreover, systematic inspection of
the body-wave orientations has effectively identified instrumental issues that have not
been reported previously. The inspection procedure is useful for operating and maintaining seismic instruments, especially for difficult-to-access ocean-bottom or borehole
sensors.
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Chapter 1
Introduction
In this thesis, I develop novel approaches utilizing seismic observations to expand our
ability to study the Earth’s internal processes and structure. In Chapter 2, I introduce
a technique to resolve three-dimensional rupture behavior and apply it to examine the
characteristics of deep earthquakes. In Chapter 3, a new approach to exploit seismic
triplication data is implemented to understand detailed structure near the upper-mantle
discontinuities delineating the mantle transition zone. The following Chapters 4 and
5 present new methodology to utilize body-wave polarization measurements to constrain shallow structure near the surface. Chapter 4 first builds the relationship between
the body-wave polarization and near-surface wave speeds, based upon which the nearsurface wave speeds in Japan are obtained. In Chapter 5, I extend the approach to include the frequency dependence of body-wave polarization with a goal of constraining a
depth-dependent wave speed model. Scrutinizing the body-wave polarization measure1

Chapter 1. Introduction
ments as a function of time also identifies problems in the instrument response, which
is discussed in the last part of the thesis, Chapter 6. The summary of each Chapter is as
follows.

Chapter 2: Rupture Characterization Based on Three-Dimensional
Directivity Effect

Rupture properties, such as rupture direction, length, propagation speed and source duration, provide important insights into earthquake mechanisms. One approach to estimate these properties is to investigate the rupture directivity effect using body-wave
duration measurements. I demonstrate that the directivity effect should be treated as a
three-dimensional problem, rather than assuming a horizontal or a likely fault plane. For
example, ignoring the distance dependence of observed duration can significantly bias
the earthquake duration, especially for nearly vertical rupture propagation. The threedimensional directivity analysis can be further extended to include multiple subevents
for complex ruptures. In contrast to the simple unilateral case, the durations of nonunilateral ruptures often do not exhibit the simple sinusoidal pattern, and show that
complex earthquakes need to be studied with caution, e.g., the shortest observed duration cannot be used to infer the rupture direction.
Based upon this framework, I apply a new inversion approach to two deep-focus
events in the Sea of Okhotsk region, an Mw 7.7 event that occurred on 2012 August

2

Chapter 1. Introduction
14 and an Mw 8.3 event from 2013 May 24, to obtain the source duration, the rupture
extent, speed, and direction. The duration measurements for the Mw 8.3 event show
significant deviations from a simple sinusoidal pattern associated with the unilateral
propagation, indicating that the event involves multiple subevents. When the multiepisode analysis is applied, two propagation directions are obtained, one towards the
southwest and another towards southeast. The two-episode model gives a better fit to
the data than the unilateral model, and is compatible with the back-projection analysis,
demonstrating that the rupture propagation of the Mw 8.3 event is complex.

Chapter 3: Mantle Transition Zone Structure Based on High-Frequency
Triplication Data

Knowledge of seismic structure at the 410- and 660-km discontinuities is crucial for
understanding the mantle composition and dynamics. One approach to study the transition zone is to use the triplicated arrivals of seismic data. These arrivals provide strong
constraints on the depth, width, and velocity across the discontinuities, however, it is
difficult to distinguish the three individual phases that arrive close in time. In order to
separate the three phases, I apply a Radon transform to recordings from a dense array of
stations. This approach unwraps the triplication pattern to isolate the phases, and brings
out the high-frequency information that is not easily discernible in the original data.
This method is applied to study the transition zone around the Kuril subduction

3
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zone, a region northeast of Japan. I take advantage of the High-Sensitivity Seismograph
Network (Hi-net; Okada et al., 2004) in Japan comprised of more than 700 stations
whose dense sampling in distance allows us to capture the triplication pattern. The data
are processed to obtain the variations in wave speeds around the discontinuities, providing topography and sharpness of discontinuities at various sampling locations. Both
discontinuities exhibit local topography undulations consistent with the temperature effect; the 410- and 660-km discontinuities become shallower and deeper, respectively,
nearer to the slab. Additional discontinuities around 660 km are also detected, which
are attributed to the garnet transitions occurring at similar depths as the post-spinel transition. The wide transition observed for the 410-km discontinuity cannot be explained
solely by the presence of water, suggesting the importance of other effects such as high
iron content of olivine or olivine-poor composition.

Chapter 4: Near-Surface Wave Speeds Based on Body-Wave Polarization

Near-surface seismic structure is crucial in assessing earthquake hazards, since it is directly related to the level of ground shaking. Constraining the near-surface structure,
however, is challenging, especially in environments where drilling or field experiments
using vibro-trucks or explosives are not practical. Here, I introduce a new non-invasive
technique to obtain near-surface seismic wave speeds based on the fact that the wave
speed immediately beneath a seismometer controls the recorded orientations of arriv4
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ing seismic waves. The technique is applied to the Hi-net stations in Japan to generate
a map of near-surface compressional and shear wave speeds. The lateral variations in
wave speeds correlate with geological and physical features such as topography and volcanoes. This technique requires minimal computation resources, and opens a new path
to study the shallowest (∼100 m) crustal structures non-invasively and inexpensively.

Chapter 5: Upper-Crustal Structure Based on Frequency-Dependent
Body-Wave Polarization

The technique introduced in Chapter 4, utilizing the body-wave polarization to constrain
the near-surface wave speeds, is extended in the depth dimension. It is demonstrated
using broadband data from Japan that there is significant dependence of the body-wave
polarization on the frequency content of the data, which is related to the sampling depth.
I then introduce a new method to evaluate the frequency-dependent body-wave polarization utilizing the amplitude and phase information of the Fourier transformed waveforms
such that extensive data filtering is not necessary. The method is applied to broadband
stations in the United States, and preliminary results are presented. Establishment of
the depth-dependent wave speeds from near surface to upper crust will be invaluable
for assessing seismic hazard assessment and understanding the geological history of the
United States by relating the surface geology to tomographic images at greater depths.

5
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Chapter 6: Detection of Instrument Problems Based on Body-Wave
Polarization

Monitoring instrument performance and assessing the instrument response are vital for
various seismological analyses that utilize the seismic signal recorded by the instrument. One of the important components of the instrument response is the amplification
factor, which is essential for determining the absolute amplitude, or relative amplitude
between different components or instruments. Here, I introduce a new method to detect problems in the gain of three-component instruments by examining the body-wave
polarization measurements. The method has been applied to the Hi-net stations and
multiple stations with issues at various time periods are identified. It is an effective way
to detect instrument gain problems without physically accessing the instrument, which
is advantageous for instruments such as borehole or ocean-bottom sensors that cannot
be accessed easily.

6

Chapter 2
Rupture Characterization Based on
Three-Dimensional Directivity Effect
Characteristics of earthquakes such as rupture direction can be investigated using teleseismic recordings. For example, finite-fault modeling (e.g., Kikuchi & Kanamori,
1991; Wald et al., 1993; Lay et al., 2010; Hayes, 2011) and the back-projection method
(e.g., Ishii et al., 2005; Xu et al., 2009; Koper et al., 2011; Meng et al., 2011; Yagi et
al., 2012) use waveform information, and they show the time evolution of slip or energy
release locations. Another approach to resolve the earthquake source properties is to
investigate the directivity effect, i.e., differences in the observed P-wave duration (e.g.,
Haskell, 1964; Beck et al., 1995; Warren & Silver, 2006; Frez et al., 2010; Lengliné
& Got, 2011; Bezada & Humphreys, 2012; Convertito et al., 2012). Examination of
variations in the observed durations allows estimates of source duration, rupture speed,
7
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and rupture direction to be made (Haskell, 1964), but it can be challenging due to limited data coverage and/or quality (Warren & Shearer, 2006; Caldeira et al., 2010). To
make the problem tenable, assumptions or a priori constraints are often imposed. One
of the common assumptions is horizontal rupture propagation, i.e., the observed durations depend only on station azimuth (e.g., Pino et al., 1999; Pro et al., 2007). Other
studies assume that rupture occurs on pre-determined nodal planes (e.g., Caldeira et
al., 2010). Different assumptions can lead to different results on the same earthquake,
and it becomes difficult to compare the results (Frohlich, 2006).
In this Chapter, we demonstrate that three-dimensional directivity effects can be
modeled, and that the duration variation in the dip direction is as important as that in the
azimuthal direction. Based on the framework, an inversion method to estimate rupture
parameters is introduced, which requires no a priori assumptions about the geometry
of the earthquake such as propagation on horizontal or nodal planes. Four parameters,
i.e., source duration, rupture propagation speed, rupture dip, and azimuth, are obtained
for a unilateral rupture model, and their uncertainties are assessed. Moreover, a method
to analyze complex, non-unilateral ruptures is presented. I apply the technique to two
deep-focus events and compare the parameters against back-projection results.

8
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2.1

Method

I seek a three-dimensional expression relating observed duration to dip and azimuth of
rupture propagation assuming unilateral rupture with a constant rupture speed. The formulation demonstrates that bias in source duration estimate arises when data coverage
is limited even with perfect azimuthal coverage (i.e., limited in dip coverage). Based
upon this framework, a method combining a grid search and iterative inversion is set up
to obtain four parameters, the source duration, ratio of rupture speed to compressional
wave speed, dip, and azimuth of the rupture propagation.

2.1.1

Observed Duration in Three Dimensions

For unilaterally rupturing earthquake, the observed duration, τi , at station i depends
upon the relative location of the station with respect to the orientation of the rupture
direction such that (Haskell, 1964)

τi = τ −

L
cos θi ,
V

(2.1)

where τ is the true source duration, i.e., the time over which seismic energy is released,
L is the rupture length, VR is the rupture speed, V is the seismic wave speed, and θi is
the angle between the rupture and the take-off directions for the ith station (Figure 2.1).

9
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North

γi
θi

φi φ
γ

Fault plane

Figure 2.1: Rupture direction, take-off vector, and relative angles. Rupture direction
vector (red arrow) is shown on a shaded fault plane with its dip γ and azimuth φ. The
take-off vector (dashed arrow) of seismic ray (blue curve) to the ith station has dip γi
and azimuth φi . The angle between the rupture direction and the take-off vector is θi .

The factor cos θi depends upon a combination of the dip and azimuth of the rupture and
the ray path toward the station, i.e.,

cos θi = sin γ sin γi + cos γ cos γi cos(φ − φi ),

(2.2)

where (γ, φ) and (γi , φi ) represent dip and azimuth of the rupture and the take-off
directions, respectively. Here, dip is defined such that negative values correspond to
up-dip rupture or waves taking off in the upper focal hemisphere. Combining the two
expressions, the observed duration becomes

τi = τ −


L
sin γ sin γi + cos γ cos γi cos(φ − φi ) .
V

(2.3)

This explicit three-dimensional formulation allows one to better-understand the directivity effect of a rupture with an arbitrary orientation. Furthermore, the source duration
can be defined as the average over a unit sphere,
10
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1
τ̄ =
4π

Z

π
2

2π

Z

τi cos γi dφi dγi .
− π2

(2.4)

0

Substituting Equation 2.3 into the above equation recovers the source duration,

τ̄ = τ.

2.1.2

(2.5)

Effect of Rupture Dip

A number of papers have used Equation 2.1 where θi is taken to be the azimuth of the
station with respect to the earthquake (e.g., Pino et al., 1999; Ammon et al., 2005; Ni
et al., 2005; Pro et al., 2007). This assumes that the rupture propagates on a horizontal
plane, i.e., the dip is zero. However, ruptures are not always horizontal, and often, sufficient knowledge is not available about rupture direction or fault plane, especially for
intermediate or deep earthquakes (Persh & Houston, 2004; Frohlich, 2006). By examining the dependence of the observed duration on the dip angle, problems associated with
the horizontal rupture assumption or limited data coverage can be identified.
To illustrate the issues, three cases are considered where γ = 0◦ , 45◦ , and 90◦ . In
the horizontal rupture case (γ = 0◦ ), the observed duration becomes

τi = τ −

L
cos γi cos(φ − φi ).
V

(2.6)

The dependence of this equation on γi implies that, even for a horizontal rupture propa11
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gation, the durations measured at stations with the same azimuth but at various distances,
i.e., various take-off angles, are different (Figure 2.2a). Projection of the observed duration onto the focal sphere shows the same pattern in the upper and lower hemispheres
(Figure 2.3a), and the shortest and longest durations are observed for rays taking off in
directions parallel and opposite to the rupture, respectively (Figures 2.2a, b, and 2.3a).
In contrast, when the rupture propagates in the vertical direction (γ = 90◦ ), the observed
duration depends only upon the dip of the take-off vector, i.e.,

τi = τ −

L
sin γi ,
V

(2.7)

hence there is no dependence on azimuth (Figures 2.2e, f, and 2.3a). The lower hemispheric projection of the duration shows that the shortest duration occurs at γi = 90◦
(Figure 2.3a), implying that the use of teleseismic data (i.e., lower hemisphere data) will
result in biased source duration estimate. The upper hemisphere has exactly the opposite pattern, and only the stations with waves taking off horizontally from the source will
observe the true duration. In the final example where the rupture dip is 45◦ , the observed
durations are


1
L 1
√ sin γi + √ cos γi cos(φ − φi ) .
τi = τ −
V
2
2

(2.8)

In this case, the durations show features between those of the horizontal and vertical
cases (Figures 2.2c, d, and 2.3a). The shortest and longest durations occur at 45◦ from
the horizontal plane.
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Figure 2.2: (a) Observed duration as a function of take-off dip (γi ; Figure 2.1) for
horizontal rupture. The black and gray solid lines are for take-off azimuths of φi = 0◦
and φi = 180◦ , respectively, and the black and gray dashed lines are for φi = 45◦ and
φi = 135◦ , respectively. The dotted line is the case when φi = 90◦ . (b) Observed
duration as a function of take-off azimuth for horizontal rupture. The dotted line is
for take-off dip of γi = 0◦ , the dashed line is for γi = ±45◦ , and the solid line is for
γi = ±90◦ . (c) Same as (a) except for a 45◦ -dipping rupture case. (d) Same as (b) except
for a 45◦ -dipping rupture case. The black and gray solid lines are for cases γi = 90◦
and γi = −90◦ , respectively, and the black and gray dashed lines are for γi = 45◦ and
γi = −45◦ , respectively. (e) Same as (a) except for a vertical rupture case. There is no
dependence on azimuth in this case. (f) Same as (d) except for a vertical rupture case.
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These examples illustrate the problems of estimating the source duration using only
the teleseismic observations, or, in the focal sphere projection, the lower-hemispheric
data coverage. Based upon the definition of the average duration (Equation 2.4), the
lower hemispheric coverage gives
1
τ̄ =
2π
l

π
2

Z
0

2π

Z

τi cos γi dφi dγi = τ −
0

L
sin γ,
2V

(2.9)

where τ̄ l is the average duration based on only the lower-hemisphere data. If the value is
taken as the source duration estimate, the bias in the estimate depends sinusoidally on the
dip of the rupture γ (Figure 2.3b). It indicates that the source duration is overestimated
for up-dip ruptures (γ < 0), and underestimated for down-dip ruptures (γ > 0). As the
rupture direction moves away from the horizontal plane, the deviation in the estimate
from the true duration becomes larger. Furthermore, data coverage is uneven in real
applications, and stations cover only a narrow range in dip (i.e., distance). In order to
account for these problems, the dependence on dip should be included, for example,
when teleseismic data are stacked to estimate source durations or source time functions
(e.g., Vidale & Houston, 1993; Bos et al., 1998; Houston et al., 1998; Persh & Houston,
2004), or the dip should be a parameter in the source inversion as demonstrated in the
next section.
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Figure 2.3: (a) Predicted duration of horizontal (left column), 45◦ -dipping (middle column), and vertical (right column) ruptures plotted on upper (top row) and lower (bottom row) focal hemispheres in stereographic projection. Strike of the rupture is north
(φ = 0◦ ). Colors represent the observed duration. White solid lines are contours of
the duration at 20% interval, and the arrow head and tail notations in white indicate the
rupture direction. (b) Bias resulting from lower-hemisphere data coverage. Difference
between the estimated and true source duration on the y axis.
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2.1.3

Inversion for the Rupture Properties

Based upon Equation 2.3, the duration measurements are modeled in terms of four parameters, i.e., source duration τ , ratio of rupture speed to compressional wave speed
k = L/τ V , dip of the rupture γ, and azimuth of the rupture φ. Note that the true source
duration, τ , is the sum of rupture duration, L/VR , and the rise time, τr . This implies
that the value of the parameter k represents a ratio of rupture speed to compressional
wave speed VR /V if rise time τr is zero. With a finite rise time, the value of k gives an
underestimated speed ratio. Rewriting Equation 2.3 with the four parameters becomes,
n



τi (τ, k, γ, φ) = τ 1 − k sin γ sin γi + cos γ cos γi cos(φ − φi )

o

.

(2.10)

For the inverse problem, I define the misfit function as

f (τ, k, γ, φ) =

N
X


2
wi τi (τ, k, γ, φ) − τiobs ,

(2.11)

i=1

where the summation is over N measurements, τiobs is the observed duration for the ith
station, and wi is the weighting assigned to each observation based upon factors such as
the quality of the measurement and station distribution. Since this is a nonlinear problem
for the four parameters, a two-step procedure is introduced. The first step finds solution
for the parameters through grid search over rupture dip and azimuth angles. The second
step uses the results from the first step as the starting model, and iteratively solves for
perturbations in model parameters using a linearized version of Equation 2.10. The two
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steps are described in detail below.
The first step of obtaining the starting model parameters τ 0 , k 0 , γ 0 , and φ0 is achieved
through a combination of analytical and grid search approaches. The initial source duration τ 0 is calculated as the weighted average of the duration measurements,
P
wi τ obs
τ = P i ,
wi
0

(2.12)

where the summation over i from 1 to N is understood. Using this source duration, a
grid search over dip and azimuth is carried out. For each value of γ and φ, the optimal
k value is computed using an expression obtained from minimising the misfit function
(Equation 4.14), i.e.,
P
k(γ, φ) =

wi (τ 0 − τiobs )ξi
P
,
τ 0 wi ξi2

(2.13)

where ξi = sin γ sin γi + cos γ cos γi cos(φ − φi ). This parameter k is not constrained
to be positive. As a result, the grid search returns two minima in misfit over the dip
and azimuth space, corresponding to positive and negative k values. The two solutions
are identical, i.e., ruptures propagating in opposite directions with the velocities of the
opposite sign. Therefore, the positive k value is taken to be k 0 .
Assuming that the grid search result is close to the optimal solution, Equation 2.10
is linearized to facilitate iterative inversion. The perturbation in observed duration δτi
depends upon perturbations in source duration δτ , the speed ratio δk, dip δγ, and az-
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imuth δφ as
δτi = (1 − kξi )δτ − τ ξi δk − τ k[cos γ sin γi − sin γ cos γi cos(φ − φi )]δγ
(2.14)
+ τ k cos γ cos γi sin(φ − φi )δφ,
after ignoring the second and higher order terms. Note that the factor multiplying δτ
has no dimension, whereas the others are in units of time. In order to ensure consistency
within the sensitivity matrix, the source duration term is non-dimensionalized by τ 0 ,
i.e., the source duration term becomes τ 0 (1 − kξi ) δ(τ /τ 0 ). The non-dimensionalized
expression for Equation 2.14 can be written in the matrix form,

δdj−1 = Gj−1 · δmj

(2.15)

where δdj−1 is the vector containing the residual duration of N stations from the (j −
1)th iteration [δτ1 δτ2 · · · δτN ]T , and δmj is the perturbation in the non-dimensionalized
model parameters [δτ /τ 0 δk δγ δφ]T at the jth iteration. The elements of the Gj−1 are
calculated using the model parameters τ, k, γ, and φ from the (j − 1)th iteration. In
terms of the perturbation vector δd, and an N × N diagonal weighting matrix W with
elements wi , the misfit function (Equation 4.14) becomes
fj (τ, k, γ, φ) = δdTj · W · δdj .

(2.16)
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Minimizing this weighted misfit function produces the model update,

δmj = (GTj−1 · W · Gj−1 )−1 · GTj−1 · W · δdj−1 ,

(2.17)

with the updated model parameter vector,

mj = mj−1 + δmj .

(2.18)

This inverse problem is over-determined and requires no regularization (except for some
unusual circumstances such as when most stations are located on the nodal planes).

2.1.4

Directivity Analysis for a Complex Rupture

Thus far, the discussion assumed unilateral rupture, but in practice, there have been observations of complex rupture patterns (e.g., Butler et al., 1979; Yagi & Kikuchi, 2000;
Zhang et al., 2009; Hayes et al., 2010). Let us consider a complex source where the
rupture consists of multiple episodes occurring at arbitrary times and locations. These
episodes can be large bursts of seismic energy or the start/termination of slip, and the
timing of the nth episode observed at the ith station, tni , is dependent not only on the
episode’s time, tn , but also on its location, i.e.,

tni (tn , Ln , γn , φn ) = tn −

Ln
[sin γn sin γi + cos γn cos γi cos(φn − φi )],
V
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where Ln , γn , and φn are the three-dimensional location of the nth episode, i.e., distance, dip, and azimuth, with respect to the hypocenter. Comparison of this expression
with Equation 2.3 shows that the episode timing tn becomes the source duration τ in
the unilateral case. Similarly, rupture properties estimated by the unilateral directivity
analysis provides the timing and the location of the final episode for earthquakes with a
complicated rupture.
Equation 2.19 also shows that the signal from the last episode is not always the last
arrival at a given station. Depending upon the location of the station as well as location
and timing of the episodes, waves generated by an earlier episode can be recorded after
those from the final episode. For a given station i, the measured “end time” is simply
the latest of the episode arrivals, i.e.,

τi = max (tni ) .

(2.20)

The observed durations of earthquakes with complex rupture, therefore, do not necessarily follow a sinusoidal pattern as in unilateral ruptures (Figures 2.2 and 2.3a). For
example, when two episodes occur at the same time but at opposite sides of the hypocenter such as in bilateral rupture (Figure 2.4a), long durations are observed at stations in
the directions of the two episodes with respect to the hypocenter (Figures 2.4a–c). The
shortest durations occur in a plane perpendicular to the line of rupture, and the observed
durations do not vary smoothly but has cusps (Figure 2.4b). If the two episodes are
90◦ from one another with respect to the hypocenter with the first episode located farther from the hypocenter yet coming earlier than the second episode (Figure 2.4d), the
20
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longest duration is observed at stations that are farthest away from the two episodes
(Figures 2.4e and f). Note that in multi-episode rupture models, the shortest durations
do not necessarily correspond to the rupture propagation directions or episode locations
(Figure 2.4c). The average duration (Equation 2.4) for a complex event, therefore, results in a value that is longer than the true source duration. This implies that applying the
unilateral rupture analysis to a complex event leads to an overestimated source duration.
Instead of the average, the source duration of a multi-episode event should be defined as
the time between the occurrence of the last episode and the hypocenter.
The relationship between observed duration and episode parameters (Equations 2.19
and 2.20) can be used to obtain models of episode occurrences. The same misfit function (Equation 4.14) applies, but the optimization problem becomes nonlinear with nondifferentiable points (Figures 2.4b and e). A global optimization scheme is needed, and I
adopt a simulated annealing algorithm (Metropolis et al., 1953; Kirkpatrick et al., 1983;
Ingber, 1995). In order to ensure convergence toward the global minimum, one of the
parameters, temperature, which controls the probability of moving to a different set of
model parameters is reduced logarithmically, i.e., the temperature at the jth iteration Tj
is equal to T0 / ln j, where T0 is the initial temperature (Geman & Geman, 1984).
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Figure 2.4: Examples of duration complexities for non-unilateral ruptures. (a) Bilateral
rupture on a horizontal plane. The synthetic rupture starts at the white star (hypocenter), and propagates bilaterally to south (green star, episode 1) and north (blue star,
episode 2). The two episodes are at an equal distance from the hypocenter, and occur
at the same time. (b) Observed duration as a function of take-off azimuth for the model
depicted in (a). The dotted lines are for take-off dip of 0◦ with colors matching the
corresponding episode, and the dashed lines are for take-off dip of ±45◦ . Thick red
curves indicate the predicted end times. (c) Predicted duration in the focal hemisphere
stereographic projection. The pattern for the upper and lower hemispheres are identical.
White solid curves are contours of the duration at 20% interval, and the black dotted and
dashed circles correspond to the dip angles shown in (b). (d) Same as (a), except that
episode 1 (green star) occurs earlier than episode 2 (blue star), and at a distance farther
from the hypocenter. (e) Same as (b) except that the lines are for the model shown in
(d). (f) Same as (c) except that the plot is for the model shown in (d).
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2.2

Data

The inversion scheme for the rupture directivity analysis is applied to two events in the
Sea of Okhotsk region, an Mw 7.7 event that occurred on August 14, 2012 (Event 1) and
an Mw 8.3 event from May 24, 2013 (Event 2). According to the USGS National Earthquake Information Center (NEIC; https://earthquake.usgs.gov), the hypocenters of
Events 1 and 2 are located at 49.80◦ N, 145.06◦ E, and 583-km depth, and at 54.87◦ N,
153.33◦ E, and 601.7-km depth, respectively (Figure 2.5). These deep-focus events are
chosen, because they are known to have simpler waveforms compared to shallow earthquakes (e.g., Persh & Houston, 2004), and the depth phases arrive sufficiently late so
that they do not interfere with the duration measurements. In addition, Mw 8.3 Event 2
is of great interest, since it is the largest instrumentally-recorded deep earthquake to date
(Ye et al., 2013).
The measurements of duration are made using vertical broadband recordings available at the Data Management Center of the Incorporated Research Institution for Seismology, and the Full Range Seismograph Network (F-net) of Japan (Okada et al., 2004).
If a station has multiple vertical broadband sensors, one instrument is chosen so that
one station location corresponds to one data point. Stations within 96◦ distance are selected to focus on the first-arriving compressional wave, i.e., p or P phase, which results
in 1187 stations for Event 1 and 1144 for Event 2. To avoid multiple arrivals within
the first-arrival window, stations within the triplication distance range, i.e., between 10
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Figure 2.5: Map view of the event locations and the inferred rupture directions. The
epicentral locations of Events 1 and 2, and the two major aftershocks of Event 2 are
shown with yellow, red, and green GCMT mechanisms, respectively (Dziewoński et
al., 1981, Ekström et al., 2012). The two aftershocks are both magnitude 6.7, and the
southern event occurred on the same day (May 24, 2013) as the mainshock while the
other happened on September 30, 2013. The yellow and red arrows show the horizontal
projections of the inferred rupture extent and direction of Events 1 and 2, respectively,
with three times amplification in length. The black contour lines with numbers are
the slab depth contours of Slab 1.0 model (Hayes et al., 2012). The background color
shows bathymetry and topography from ETOPO2 (National Geophysical Data Center,
2006), and the inset map at the top left shows the northeastern Pacific region with the
plate boundaries (solid line; Bird, 2003) with the dashed box corresponding to the area
plotted in this figure.
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and 20◦ based upon the IASP91 model (Kennett & Engdahl, 1991), are removed (Figure 2.6). Finally, stations with problematic instrument response, data segmentation, or
low signal-to-noise ratio are discarded. After these considerations, the data set consists of 1102 and 1037 waveforms for Events 1 and 2, respectively (Figure 2.6a). The
upper-hemisphere coverage is poorer for Event 2 compared to Event 1, since most of
the nearby stations in Japan lie within the triplication distance range. Before duration
measurements are made, instrument responses are removed, and the seismograms are
converted into displacements and band-pass filtered between 0.01 Hz and 5 Hz using a
four-pole two-pass Butterworth filter (Butterworth, 1930).
The measured duration at a given station, τ obs , is obtained using three time points,
t1 , t2 , and t3 (Figure 2.7a). The waveform onset time, t1 , is relatively clear, but the end
time can be difficult to choose. In order to incorporate this ambiguity, two end times, t2
and t3 , are selected (Figure 2.7a). Using these three picks, the duration is determined as
τ obs =

t2 + t3
− t1 ,
2

(2.21)

and σ = (t3 − t2 )/2 is assigned as its uncertainty. If the end time is clear so that t2
and t3 are almost identical, the half of the shortest period for the filtered data, i.e., 0.1
seconds, is used as the uncertainty.
In addition to the measurement uncertainty, uneven data coverage needs to be considered. For both events, about 70% of the stations are located within the United States,
and this non-uniform distribution can lead to a biased estimate of the rupture properties.
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Figure 2.6: Station distribution and the triplication distance range. (a) Stations used for
duration measurements of both Events 1 and 2 (black triangles), Event 1 only (yellow
triangles), and Event 2 only (red triangles). The epicenters of the two events are shown
by yellow (Event 1) and red (Event 2) stars. Yellow and red annuli represent the triplication distance ranges for Event 1 and Event 2, respectively. The map is plotted with
azimuthal equidistant projection. (b) Dependence of ray parameter on distance for an
event at 583-km depth calculated using a one-dimensional model IASP91 (Kennett &
Engdahl, 1991). The distance range of triplication is indicated by the shaded area. Solid
and dashed curves correspond to P and p phases, respectively.
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Figure 2.7: A record section showing directivity effect with respect to distance for
Event 1. (a) Example displacement record from station KGM in southern Japan. The
onset of the compressional wave is denoted by t1 and two values (t2 and t3 ) are selected
as the possible end times. (b) Record section using stations with similar azimuthal angles (200 to 250◦ , i.e., northern Japan and southeast Asia) aligned using hand-picked t1
times. The gray line and swath (using t3 − t2 time) indicate the onset and the end times.
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Each datum is, therefore, weighted as

w=

1
√ ,
Nd σ

(2.22)

where σ is the uncertainty in the duration measurement and Nd is the number of stations
√
within a given distance from the station. I choose σ instead of more conventional σ 2 ,
because the inversion becomes heavily weighted toward only a few data with small σ if
σ 2 is used. The distances used to determine Nd are calculated on the focal sphere rather
than the physical distances between stations, since coverage of the focal sphere matters
(Figure 2.8). Averaging distances of 3 and 5◦ are considered, and they yield similar
results within the uncertainty bounds. Unless otherwise noted, the results described in
the following sections are based upon the 3◦ bin size.
The measured durations projected onto the focal sphere show longest duration
around the southwest part of the upper-hemisphere and shortest duration around its antipode for Event 1. The gradual change in duration suggests that the unilateral rupture
assumption is valid for this event. Event 2, however, shows more scatter than Event 1.
There are regions, such as the southwestern quadrant, where long and short durations
are both observed. This may partially be caused by the complex waveforms of the larger
event and the difficulties in identifying the end time for Event 2 (Figure 2.8). However,
the longer durations for Event 2 are generally observed toward the northeast direction,
whereas most of the short durations are seen on the southwest side of the lower hemisphere. Note that the duration distributions for Events 1 and 2 have reversed patterns
(Figure 2.8), suggesting that the ruptures propagated in opposite directions. Another
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Figure 2.8: Distribution of measured duration and uncertainty for Events 1 and 2. (a)
Distribution of measured durations (colored circles) plotted on the upper (top left) and
lower (bottom left) hemispheres for Event 1. The uncertainties (right column) are shown
in the same manner. Nodal planes (solid lines) are from the GCMT solution (Dziewoński
et al., 1981, Ekström et al., 2012). The color of each circle represents the measured
duration or uncertainty. The arrow head and tail notation is used to show the inferred
rupture direction. (b) Same as (a) except for Event 2. Note that the color scale for the
observed duration is different from (a) while the scheme for the uncertainty is the same.
The gray shaded area indicates the range where take-off dip angle is 50 ± 15◦ which is
used in Figure 2.12(a).
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feature that becomes obvious is the dip dependence. This can also be illustrated by a
record section with respect to distance for a constant take-off azimuth (Figure 2.7b),
which supports the necessity of the three-dimensional analysis including the dip angle.

2.3

Results

2.3.1

2012 August 14, Mw 7.7 Earthquake (Event 1)

Event 1 has observed durations ranging between 15 and 35 seconds from the 1102 stations with the average duration of 23 seconds. The misfit function obtained through the
initial grid search is smoothly varying, and has a well-defined global minimum in dip
and azimuth space with the preferred solutions of k 0 , γ 0 , and φ0 of 0.26, 30◦ , and 40◦ ,
respectively (Figure 2.9a). Combined with the 23-second average duration, this model
gives a variance reduction of 99.3% and χ2 of 7.6. The variance reduction is nearly
100% since the average duration explains the main feature (finite duration) of all the
data. To check the fit to the variation rather than the average value of the data, the variance reduction for the deviation of duration, i.e., τi − τ 0 , is calculated. This is 73.1%
for the starting model.
The next procedure, the iterative inversion, converges rapidly, after three iterations
(Figure 2.9b). In general, the misfit decreases most significantly at the first iteration,
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Figure 2.9: Grid search and inversion results for Event 1. (a) Result of the initial grid
search to determine the starting model. The gray shaded area is where k is negative
and the white is for positive k. The two minima in misfit are shown with crosses. (b)
Iterative inversion result for the source duration τ and ratio of rupture to P-wave speed
k. Solutions of each parameter at each iteration stage are shown, where black circle and
red square correspond to the parameters on the left and right axes, respectively. (c) Same
as (b) except for the rupture dip γ and the rupture azimuth φ. (d) The misfit calculated
using Equation 4.14.

and becomes almost constant beyond the third iteration. The source duration reaches
the final value with single iteration, whereas the other parameters require three iterations to converge. The final solutions for the source duration, the ratio of rupture to
compressional speed, the dip, and azimuth of rupture are 26 seconds, 0.27, 48◦ , and 42◦ ,
respectively. The variance reduction and χ2 for this model are 99.5% and 5.3, respectively, improving fits by 0.2% and 2.3 compared to the starting model. The variance
reduction for the duration deviation becomes 81.0%, indicating better fit to the observed
pattern in the data. In order to examine the effect of the starting model, the iterative
inversions are repeated with different starting models. They converge within several iterations to the same final solution, even for extreme starting models, for example, where
all the four parameters are set to unity (i.e., source duration of 1 second, speed ratio of
1.0, dip and azimuth of 1◦ ). These tests show that the final model does not depend upon
the choice of the starting model. In order to assess uncertainties in the solutions, the
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Table 2.1: Rupture parameters for the two deep earthquakes. Summary of the four
parameters, i.e., source duration (τ ), ratio of rupture speed to P-wave speed (k), rupture
dip (γ), and azimuth (φ), as obtained from the iterative inversion. The rupture speed (VR )
and extent (L) are calculated based upon the P-wave speed from the IASP91 model
(Kennett & Engdahl, 1991) and zero rise time assumption. The rupture speed is also
given in terms of percentage of the shear-wave speed in parentheses. Events 1 and 2
correspond to an Mw 7.7 earthquake from August 14, 2012 and an Mw 8.3 earthquake
from May 24, 2013, respectively. The same set of parameters are summarized for each
episode of two-episode analysis for Event 2, except that timing (t) is shown instead of
source duration. The episodes associated with Clusters A and B of Event 2 are labeled
as “2A” and “2B”, respectively.
Event τ, t (seconds)
1
26 ± 1
2
37 ± 1
2A
33 ± 2
2B
33 ± 3

k
γ (degrees) φ (degrees)
0.27 ± 0.02 48 ± 8
42 ± 5
0.14 ± 0.02 −19 ± 8 243 ± 11
0.33 ± 0.10 −22 ± 8
253 ± 9
0.14 ± 0.10 −15 ± 49 107 ± 58

VR (km/s)
L (km)
2.7 ± 0.2 (49 ± 4%) 69 ± 6
1.4 ± 0.2 (26 ± 3%) 52 ± 7
3.3 ± 0.9 (61 ± 17%) 111 ± 25
1.4 ± 0.9 (26 ± 16%) 47 ± 27

bootstrapping is performed, where the data are sampled randomly and inverted to obtain
a range of parameters that is warranted by the available data (See Section A.1). The
bootstrapping analysis (Figure A.1) provides the preferred rupture model as comprised
of source duration of 26 ± 1 seconds, the ratio of rupture to compressional speed of
0.27 ± 0.02, dip of 48 ± 8◦ , and azimuth of 42 ± 5◦ (Table 2.1). The dip of the rupture is the least constrained of the four variables which is expected from the limited dip
coverage using the p and P phases (Figure 2.8a).
The constraints on the dip and azimuth indicate that the rupture propagates downdip towards the northeast. This direction is nearly parallel to the Kuril trench where
the Pacific plate subducts underneath the North American plate (Figure 2.5). Using
the ratio of rupture to compressional speed and the 9.9 km/s compressional wave speed
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from the IASP91 model at the hypocentral depth of 583 km (Kennett & Engdahl, 1991),
the rupture speed is inferred to be 2.7 ± 0.2 km/s (Table 2.1). This propagation speed
corresponds to 49 ± 4% of the shear wave speed, using the 5.4 km/s for shear wave
speed at the hypocentral depth (Table 2.1). Note that these speed estimates are obtained
under the assumption of zero rise time, i.e., τr = 0, and should be considered as the
lower bound. Combining the source duration of 25 ± 1 seconds and the ratio of rupture
to compressional speed estimate, the extent of this event is 69 ± 6 km (Table 2.1). These
results do not change significantly if the 5◦ distance weighting scheme is used, and the
preferred values from the larger bin fall within the uncertainties of the 3◦ -bin results.
To complement the directivity analyses, I perform back-projection of North American data for the two earthquakes (e.g., Ishii et al., 2005; See Section A.2). Due to limited spatial and temporal resolution of the back-projection technique, tracking rupture
for spatially compact events such as those studied here becomes difficult (Kiser & Ishii,
2012), hence, the focus is on identifying subevents using a coherency function analysis (Ishii, 2011; See Section A.2). Event or subevent detection through this approach
has been successful in finding small and previously unidentified aftershocks of the 2011
Mw 9.0 Tohoku-oki earthquake (Kiser & Ishii, 2013). The back-projection analysis for
Event 1 identifies three subevents (Figure 2.10; Table 2.2). The first subevent is imposed
to be consistent with the hypocentral location while the second subevent is located to
the east of the first event, followed by a third subevent which is to the north of the
second subevent (northeast of the epicenter; Figure 2.10a). The main high-frequency
energy release occurs during the second and third subevents, and the total duration for
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Figure 2.10: Back-projection results of the Mw 7.7 August 14, 2012 earthquake. (a)
Summary of the spatial variation. The background color shows the time-integrated coherency function over the duration of the event where warm colors indicate high coherency and cold colors indicate low coherency. The black contours are plotted at 10%
interval starting at 50% of the highest coherency value. The large white star shows the
epicentral location as given by the NEIC catalogue. There are three colored stars with
black outline corresponding to the three subevents identified. The red star which is hidden behind the white epicentral star is at the beginning of the event, the yellow star is
the middle subevent, and the blue star indicates the last subevent location. The white arrow shows the average direction towards the stations used in the analysis. (b) Summary
of the temporal variation. The black curve shows the maximum coherency value as a
function of time. The colored vertical bars correspond to the time at which the three colored subevents are shown in (a). The gray curve shows the normalized linear-stacking
maximum values as a function of time.
the earthquake is about 20 seconds (Figure 2.10b). If I assume that the rupture propagated smoothly from one subevent to another, the rupture speed between subevents 1
and 2 is about 2.7 km/s and between subevents 2 and 3 is about 3.2 km/s. Taking the
location and timing of the first and last subevents, the “average” rupture speed is about
2.1 km/s. Note that these estimates assume propagation on a horizontal plane, and as
such, they represent the lower limit.
Given that the inversion results from the directivity analysis are in three dimen34
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Table 2.2: Summary of Subevents from Back-Projection Analysis of the 2012 Earthquake. The table summarizes the location and timing of the three subevents identified
for the Mw 7.7 August 14, 2012 earthquake. The column “Number” is the subevent
number, “Color” corresponds to the color of stars or vertical lines in Figure 2.10, and
“Time” gives the time (in seconds) with respect to the first subevent.
Number
1
2
3

Color
red/white
yellow
blue

Latitude (◦ N)
49.8
49.8
50.0

Longitude (◦ E)
145.1
145.4
145.4

Time (s)
0
8
15

sions while the back-projection results are in two dimensions, the parameters that can
be directly compared without horizontal projection are source duration and azimuth.
The source duration from back-projection is about 6 seconds shorter than the preferred
value, which may be caused by the difference in the frequency of the data used for the
two analyses, e.g., back-projection may not be capturing the low frequency energy near
the end of the rupture. On the other hand, the azimuthal direction obtained from the inversion is consistent with the back-projected location of the last subevent, i.e., subevent
3, with respect to the epicenter. The azimuth of subevent 3 is 44◦ (northeast) from the
epicenter, and this angle is within the uncertainty of the preferred azimuth from the
directivity analysis (42 ± 5◦ ).
When the rupture extent and speed from the inversion are projected onto a horizontal plane using the estimated dip, they can be compared with the back-projection
results. During this process, the large uncertainty in the dip angle propagates into the
projected estimates, and as a result, the rupture speed and extent acquire large uncertainties, 1.8 ± 0.3 km/s and 46 ± 8 km, respectively. The horizontal propagation speed
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is consistent with the “average” rupture speed from back-projection of 2.1 km/s. The
horizontal rupture extent also compares well to the distance between the epicenter and
the last subevent from the back-projection analysis, although the former is about 13 km
longer. This difference arises from longer source duration obtained from the directivity
analysis, since the rupture extent is calculated using the source duration.
Considering that Event 1 shows a significant rupture dip, the event can be used
to verify the importance of the dip in directivity analysis that is emphasized in Section 2.1.2. If the inversion is performed with the dip fixed to zero, it yields 22 seconds,
0.26, and 32◦ for the source duration, ratio of rupture to compressional speed, and rupture azimuth, respectively. Although the speed ratio parameter remains similar to the
original value of 0.27, the rupture azimuth is about 10◦ smaller compared to the preferred solution. The source duration is underestimated, consistent with the prediction
for the down-dip rupture case (Figure 2.3b), and the 3-second difference compared to
the full inversion estimate agrees with the bias calculated using Equation 2.9. This test
effectively demonstrates that the horizontal rupture assumption causes significant bias
in the source duration estimate.

2.3.2

2013 May 24, Mw 8.3 Earthquake (Event 2)

The magnitude 7.7 August 14, 2012 (Event 1) is followed 9 months later by Event 2
that is nearly 0.6 magnitude unit larger. As the largest deep event ever recorded, Event 2
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has longer source time function compared to that of Event 1, involving several peaks in
amplitude, and the durations observed at the 1037 stations range between 27 and 55 seconds with large uncertainties (Figure 2.8). The measurements also contain significant
scatter, suggesting that the unilateral rupture assumption may not be valid. Nonetheless, I first perform the inversion to examine how well the data can be modeled with the
unilateral assumption. I then apply the complex rupture model to investigate whether
multiple subevents can be identified.
Noting that the observed durations are not smoothly varying, have large uncertainties, and the upper hemispheric coverage is poor (Figure 2.8b), the inversion scheme
is modified; instead of using the average duration (Equation 2.12) as the initial source
duration, it is included as an additional parameter in the grid search. If the average duration is inappropriate, the starting model is not effective, delaying convergence during
the iterative inversion procedure. The source duration is varied between the minimum
and maximum observed values (i.e., 27 and 55 seconds) with 5-second increments. The
solutions obtained through this modified grid search are 35 seconds for the source duration (in contrast to 38 seconds from the average calculation), 0.18 for the ratio of rupture
to compressional speed, −40◦ dip, and 240◦ azimuth. This starting model gives variance
reduction of 99.2% and χ2 of 17.2. The variance reduction that measures the fit to the
data pattern, as discussed for Event 1, is 30.0%.
The subsequent iterative inversion using this starting model converges after three
iterations, similar to the behavior observed for Event 1. Most of the change occurs in
the first iteration, and the model parameters become nearly constant beyond the third

37

Chapter 2. Three-Dimensional Rupture Directivity
iteration. The model values after three iterations are 37 seconds, 0.14, −19◦ , and 243◦
for the source duration, speed ratio, dip, and azimuth, respectively. However, the fit to
data does not change substantially with the iterative inversion. The total change is 0.03%
increase in the variance reduction with 0.6 decrease in the χ2 . The variance reduction
for the duration deviation becomes 32%, a 2% improvement compared to the starting
model.
The results of the iterative inversion for this event do not depend strongly on the
initial model. Starting with different models produce identical results, but convergence
is slower when the initial model is far from the final solution. For example, if all the
parameters in the starting model are set to unity, it takes more than ten iterations to converge. The slow convergence is mainly caused by difficulties in reaching a reasonable
value for the source duration using the perturbation approach. If the iterative inversion
starts with a source duration that is relatively close to the final solution, the inversion
converges after about five iterations regardless of the initial values of the speed ratio,
dip, and azimuth. These tests indicate that convergence in analyzing Event 2 is more
sensitive to the starting model, especially to the initial source duration, than Event 1,
although the final solutions are robust.
The estimates of uncertainty based upon the bootstrapping procedure are also influenced by the scatter in the data and poor coverage (See Section A.1; Figure A.2).
Recognizing that the two measurements in the upper hemisphere are important part of
the data set (See Section A.1), the bootstrapping procedure is carried out with the two
upper-hemisphere data included in every set. This results in nearly Gaussian distribu-
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tions for all four parameters, and the preferred solutions are 37 ± 1 seconds, 0.14 ± 0.02,
−19 ± 8◦ , and 243 ± 11◦ for the source duration, the ratio of rupture to compressional
speed, the dip, and the azimuth, respectively (Table 2.1). The rupture speed of this event,
calculated with a zero rise time assumption and the compressional wave speed given in
IASP91 at 602-km depth (Kennett & Engdahl, 1991), is 1.4 ± 0.2 km/s, corresponding
to about 26 ± 3% of shear wave speed. Combining this estimate with the source duration gives a rupture extent of 52 ± 7 km (Table 2.1). These results are weakly dependent
upon the size of the distance bin used to define the weighting values. The dip parameter
changes to −31 ± 5◦ if the 5◦ weighting scheme is used, which is a consequence of the
poor upper-hemisphere coverage. However, the 5◦ -bin results for the other parameters
fall within the uncertainty of the 3◦ model.
For this earthquake, the back-projection analysis shows a complex rupture pattern
with six subevents (Figure 2.11; Table 2.3). The initial location, subevent 1, is imposed
to be consistent with the hypocentral location. Subevents 2 and 3 occur close in time,
separated by about 2 seconds, but at significantly different locations, northeast and south
of the hypocenter, respectively. Their locations, combined with snapshot images, suggest that the initial rupture from the epicenter is bilateral. Assuming that the rupture is
continuous between subevents 1 and 2, and between subevents 1 and 3, the corresponding rupture speeds are 3.6 km/s and 2.3 km/s, respectively. Subsequent subevents 4, 5,
and 6 appear isolated, and rupture propagation between the subvents (e.g., rupture from
subevent 3 to 4) is difficult to resolve. Subevents 4 and 5 are located to the southeast
of the epicenter and are associated with the largest high-frequency energy release (Fig-
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Figure 2.11: Back-projection results of the Mw 8.3 May 24, 2013 earthquake. (a) Same
as in Figure 2.10(a) except that there are six subevent stars. The order of the subevent
occurrence is red, orange (northeast of the epicenter), yellow (south of the epicenter),
green, dark green, and blue (southwest of the epicenter). The gray circles show the
aftershocks available in the NEIC catalogue between May 24, 2013 and June 1, 2014.
Lighter gray indicates shallower depth and darker gray indicates deeper depth with minimum and maximum depths of 509 km and 642 km, respectively. (b) Same as in Figure 2.10(b). For resolvability of subevent 3 (yellow vertical bar), see Section A.2.

ure 2.11). The last subevent, subevent 6, occurs to the southwest of the epicenter. The
duration of the entire event is estimated to be ∼38 seconds (See Section A.2).
The source durations obtained from both directivity and back-projection analyses are in good agreement. The rupture extent and speed from the directivity analysis, projected onto a horizontal plane using the dip estimate, become 49 ± 7 km and
1.3 ± 0.2 km/s, respectively. These are compatible with a 50-km distance between the
epicenter and subevent 6, and the “average” rupture speed of 1.3 km/s calculated using
the distance and duration. As in the case of Event 1, the rupture azimuth for Event 2
(243 ± 11◦ ) is consistent with the location of the last subevent (234◦ ) from the epicenter.
Noting that the back-projection analysis indicates a complex rupture pattern, I ap40
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Table 2.3: Summary of Subevents from Back-Projection Analysis of the 2013 Earthquake. Same as in Table 2.2 except for the Mw 8.3 May 24, 2012 earthquake and the
colors correspond to those in Figure 2.11.
Number
1
2
3
4
5
6

Color
red
orange
yellow
green
dark green
blue

Latitude (◦ N)
54.8
55.2
54.5
54.7
54.2
54.6

Longitude (◦ E)
153.2
153.8
153.1
153.4
153.6
152.7

Time (s)
0
15
17
23
28
38

ply multi-episode directivity analysis to Event 2. To demonstrate that this approach is
warranted, the duration measurements with take-off angles of about 50◦ (Figure 2.8b)
are binned and plotted as a function of azimuth (Figure 2.12a). While the values are
mostly consistent with the observed timing from the inversion results, the dependence
on azimuth is not a smoothly-varying sinusoid but has a cusp around 180◦ , suggesting
that at least two episodes are involved. Assuming that there are two episodes contributing to the observed end timing of the P waveform, the simulated annealing algorithm
(e.g., Metropolis et al., 1953; Kirkpatrick et al., 1983; Ingber, 1995) is applied. For
each episode, there are four model parameters (episode timing, ratio of rupture to compressional speed, dip, and azimuth) as in the unilateral directivity analysis, resulting in
eight model parameters being sought. The speed ratio parameter (between rupture speed
and wave speed) is not consistent with the concept of multi-episode analysis, but it allows me to take advantage of the existing algorithms and for an easy comparison with
unilateral rupture results. The speed ratio parameter k for each episode is expressed as
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L/(t ∗ V ), where L is the distance between the episode and the hypocenter, t is the timing with respect to the hypocentral time, and V is the seismic wave speed at the source
(Equation 2.19). For given timing t, the parameter has one-to-one correspondence to the
distance L, and the results are discussed both in terms of the speed ratio k and distance
L. The simulated annealing algorithm requires initial input for a variable, temperature,
associated with the algorithm’s search mechanism, and it is set to 500. This is sufficient
to sample the model space to identify the globally optimal solutions, but other values
between 100 and 1000 produce similar outcomes. Simulated annealing is performed
one thousand times starting from models that are randomly selected from the possible
range of values: between 27 and 55 seconds for episode timings, 0 and 1 for speed ratios, −90◦ and 90◦ for dip angles, and 0◦ and 360◦ for azimuths. Note that except for
the speed ratio, the ranges are the same as those used for grid search in the unilateral
inversion approach.
The best solution from the two-episode analysis consists of episodes that occur
almost at the same time, 33 and 34 seconds from the hypocentral time. The speed ratio,
distance, dip, and azimuth obtained are 0.33, 112 km, −21◦ , and 257◦ , respectively, for
one of the episodes, which I refer to as “episode A”, and 0.10, 33 km, −20◦ , and 114◦ ,
respectively, for the other, “episode B” (Figures 2.12b and c). This solution gives χ2
of 13.8 and the variance reduction for the duration deviation of 45%. The χ2 and the
variance reduction are 16.6 and 32%, respectively, for the model based upon unilateral
assumption, hence the improvement in fit using the two-episode model is statistically
significant (Figure 2.12a). Among the thousand simulated annealing solutions, 917 fit
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Figure 2.12: Results of the two-episode analysis of the Mw 8.3 May 24, 2013 earthquake. (a) Measured duration (gray dots) as a function of azimuth for those that have
take-off dip angle of 50 ± 15◦ , i.e., data points within the gray annulus shown in Figure 2.8(b). Circles with black outline indicate data that have been binned for every 30◦
in azimuth. These data are compared to predicted durations from the 284 solutions (pink
curves) and the best solution (purple curve). The prediction from the unilateral analysis
is shown by the blue curve. (b) Epicentral locations of the 284 solutions from the simulated annealing. Clusters A (circles) and B (crosses) are colored by the relative timing
(tA − tB ) of the pair of episodes and the sizes of the symbols are proportional to the fit
to the data with larger symbols indicating better fit. Purple circle and cross show the position of the best solution. The NEIC hypocentral location for the event is shown by the
star. (c) Same as in (b) except that the solutions are shown in the depth-longitude space.
(d) Two-episode timing (top), distance (second from top), dip (second from bottom),
and azimuth (bottom) values obtained from the simulated annealing. These parameters
are compared against the relative timing of the two episodes. The symbols are same as
in (b) except that Cluster A is further emphasized by black color and Cluster B by gray
color.
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the data statistically better than the unilateral model, i.e., the χ2 value that incorporates
the increase in the number of model parameters improves (Figure 2.12a). Of the 917
solutions, 633 have variance reduction for the duration deviation that is above 41%, i.e.,
within 90% of the variance reduction obtained for the best solution, and 284 are within
95%. Not surprisingly, these solutions give similar values of model parameters, and the
three-dimensional locations form two distinct clusters (Figures 2.12b and c). Here, I
focus on the 284 solutions to examine the distribution and range of model parameters.
The cluster that includes Episode A is located to the southwest of the hypocenter,
and this set of solutions is hereafter referred to as “Cluster A”. It has dip and azimuth
angles ranging from −37 to −12◦ and from 243 to 265◦ , respectively (Figures 2.12b-d).
They are consistent with the solution from the unilateral analysis, as well as the azimuth
of the final subevent from the back-projection analysis (Figure 2.11a). The timing and
distance vary between 30 and 35 seconds and between 83 and 150 km, respectively.
Compared to the results from the unilateral analysis, the timing is 2 to 6 seconds earlier
and the distance is about 30 to 100 km longer. This cluster of solutions reproduce
durations observed at stations located at about 0 to 180◦ azimuth (Figure 2.12a). The
other cluster corresponding to Episode B, referred to as “Cluster B”, is located east of
the epicenter. It is a new feature not included in the previous unilateral rupture analysis.
Its timing varies between 30 and 37 seconds, and its location distribution spreads over
larger volume than that of the Cluster A (Figures 2.12b and c). The distance from the
hypocenter, dip, and azimuth range from 16 to 85 km, from −66 to 48◦ , and from 51
to 194◦ , respectively (Figure 2.12d). By introducing the Cluster B, the observed data
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pattern between about 180 to 330◦ in azimuth can be explained, and the combination of
Clusters A and B generates the cusp around 180◦ (Figure 2.12a).
There is a trade-off between the timing of Episodes A and B (Figure 2.12d). An
episode of a solution in the Cluster A that occurs early has its counterpart in the the Cluster B that occurs late, and vice versa. The relative timings of episodes varies from −6 to
4 seconds, implying that the precedence of one episode over another is not constrained
with currently available data. The relative timing also influences the three-dimensional
locations of the two episodes. As the relative timing increases, the solutions in Cluster
A move in the southeast and downward direction, i.e., they move closer to the hypocenter. In contrast, episode locations of Cluster B change towards the northeast and upward
direction, i.e., they move farther away from the hypocenter (Figures 2.12b and c). These
trade-offs complicate a comparison with back-projection results. The Cluster A is located in the direction of the last subevent identified through back-projection analysis.
The locations of Cluster B, however, are not compatible with the second last subevent,
subevent 5 (Figure 2.11). The episodes of Cluster B are more consistent with the location of subevent 4 that occurs 15 seconds before the last subevent. This discrepancy can
be reconciled if there is significant low-frequency energy release near the subevent 4
location that lasts for some time (Xu et al., 2009; Kiser & Ishii, 2011).
As in the unilateral directivity analysis, the preferred two-episode model for Event 2
is obtained using the distributions of parameters from the best 284 solutions, which are
well-approximated as Gaussian. The timing, speed ratio, distance, dip, and azimuth are
33±2 seconds, 0.33±0.10, 111±25 km, −22±8◦ , 253±9◦ , respectively, for the episode
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associated with Cluster A, and 33 ± 3 seconds, 0.14 ± 0.10, 47 ± 27 km, −15 ± 49◦ ,
107 ± 58◦ , respectively, for the episode corresponding to Cluster B (Table 2.1). In general, uncertainties for Cluster B are larger than those of Cluster A. This difference is
caused by the fact that the amount of data used to constrain Cluster B is less than that
for Cluster A, i.e., a larger fraction of the data is explained by Cluster A than B (which
also explains why the unilateral model is compatible with Cluster A). The total source
duration of Event 2 is calculated for each of the 284 solutions as the maximum of the
times of the two episodes, and the distribution of the values results in the estimate of
34 ± 2 seconds (Table 2.1). This is similar but shorter than the estimate of 37±1 seconds from the unilateral model, consistent with the fact that unilateral assumption for
a complex rupture overestimates the source duration (Section 2.1.4). The episode timings and locations can be used to calculate corresponding rupture speeds, and they are
3.3±0.9 km/s for Cluster A and 1.4±0.9 km/s for Cluster B (Table 2.1). Note that these
estimates assume zero rise time and are associated with distances from the hypocenter
to each episode; they are thus “averaged” speeds, and may not reflect the true speeds
during the complex rupture.
The two-episode model explains Event 2 better than the unilateral model, however,
the variance reduction is still small compared to that of Event 1. To test if additional
episodes are required to fit the data variation better, I have tried a three-episode analysis
using the same approach as the two-episode examination. However, there is no significant improvement in the misfit, nor any consistent location of the third episode obtained
from different simulated annealing solutions. Hence, including three episodes in the
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analysis does not help to explain the data more than what the two-episode analysis has
provided. This confirms that the small variance reduction is mainly caused by the scatter
in the data that is mostly due to difficulties in identifying the end time.

2.4

Discussion

Deep earthquakes are known for their lack of aftershocks (e.g., Frohlich, 1989), but
the Mw 8.3 earthquake from May 24, 2013 (Event 2) is followed by a sequence of
aftershocks including two at magnitude 6.7 (Figures 2.5 and 2.11a). Although previous studies have suggested that aftershock locations of deep mainshocks encompass a
diffuse volume rather than a single plane (Tibi et al., 2003; Chen et al., 2014), the aftershock distribution of Event 2 is nearly planar (Figure 2.11a). The azimuths of the
aftershocks with respect to the mainshock hypocenter are compatible with the southern
direction resolved as subevents 3, 4, and 5 in the back-projection analysis, or as Event B
in the two-episode analysis. The depths of the aftershocks are nearly constant, indicating a plane that is subhorizontal rather than subvertical, consistent with the directivity
solutions.
For both Events 1 and 2, my inverted source durations (26 ± 1 and 37 ± 1 seconds,
respectively) are significantly shorter than those from the Global Centroid Moment Tensor (GCMT) solutions (35.6 and 71.4 seconds; Dziewoński et al., 1981; Ekström et al.,
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2012). The discrepancy can be attributed to the magnitude-duration relationship that
has been implemented to calculate the source durations for GCMT solutions (Ekström
& Engdahl, 1989; Ekström et al., 2012), i.e.,
1/3

τh = 1.05 × 10−8 M0 ,

(2.23)

where τh is the half duration in seconds and M0 is the scalar moment in dyne·cm. This
magnitude-duration relationship has been obtained using empirical analysis of events at
shallow depths (Ekström & Engdahl, 1989), and there have been indications that deepfocus earthquakes deviate from this relationship and have shorter durations (e.g., Vidale
& Houston, 1993; Bos et al., 1998; Persh & Houston, 2004). The SCARDEC solution
obtained using relatively high-frequency data (1-3 Hz; Vallée et al., 2011) estimates
the source time function of about 21 seconds for Event 1, and Event 2 is estimated to
have about 38-second duration. Event 2 has also been studied by other researchers, and
durations between 30 and 40 seconds have been reported (Wei et al., 2013; Ye et al.,
2013; Chen et al., 2014; Kennett et al., 2014; Zhan et al., 2014). The durations obtained
from the directivity analyses are more compatible with these estimates than the GCMT
durations.
Another parameter with implications for the rupture mechanism is the propagation
speed (e.g., Frohlich, 1989), where similarity between dynamics of shallow and deep
earthquakes can be investigated. My models based upon unilateral rupture assumption
give rupture speeds of 2.7 ± 0.2 and 1.4 ± 0.2 km/s, or 49 ± 4 and 26 ± 3% of the shear
wave speed, for Events 1 and 2, respectively. Deep-focus earthquakes are observed to
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have rupture propagation at 30 to 90% of the shear wave speed (e.g., Frohlich, 2006;
Suzuki & Yagi, 2011). The estimate for Event 1 is well within this range, but the value
for Event 2 is close to the lower bound. This does not, however, reflect peculiarities in
the rupture process, but an inappropriate assumption in the modeling approach. Previous
studies (Wei et al., 2013; Ye et al., 2013; Chen et al., 2014; Meng et al., 2014; Zhan et al.,
2014) and the back-projection analysis presented in this Chapter show that the Mw 8.3
earthquake propagated in a complex pattern, which means that the rupture lasts longer
than it would have taken from the hypocenter to the last part of the energy release.
The directivity analysis only provides the total duration and last episode location with
respect to the hypocenter, hence it inevitably results in underestimated rupture speed.
Combined with the zero rise time assumption and an overestimated source duration due
to complexities in the data from multiple episodes (Section 2.1.4), the propagation speed
is underestimated. The back-projection analysis for this event shows rupture speeds of
2.3 and 3.6 km/s (on the horizontal plane) for initial parts of the rupture process, in good
agreement with values suggested for deep earthquakes (e.g., Frohlich, 2006; Suzuki &
Yagi, 2011).
Other parameters obtained in this study are associated with the geometry of the rupture plane, i.e., the dip and azimuth. The rupture direction of Event 1 is inferred to be
dipping by 48 ± 8◦ with azimuth of 42 ± 5◦ while that of Event 2 is nearly horizontal
with almost opposite azimuth. When compared to the nodal planes of the GCMT solution (Dziewoński et al., 1981; Ekström et al., 2012), the rupture direction obtained for
Event 1 agrees with the nodal plane striking at 243◦ and dipping at 63◦ . For Event 2,
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GCMT has two nodal planes with 189◦ strike and 11◦ dip, and 12◦ strike and 79◦ dip.
Dip angle estimates from the unilateral and two-episode analyses of this Chapter favor
the first nodal plane. The preference for a nearly horizontal plane is consistent with
the result of Wei et al. (2013) where the authors examine the fit to data using the two
nodal planes of the NEIC W-phase focal mechanism. Meng et al. (2014) and Zhan et
al. (2014) also argue for the horizontal plane based upon their back-projection analysis
and subevent locations, respectively. Similarly, Ye et al. (2013) prefers the shallowly
dipping plane although their data do not preclude a nearly vertical plane. On the other
hand, Chen et al. (2014) suggests significant vertical extent using the difference in the
durations of P and pP. However, as the authors point out, the onset and end times of
pP phase are not as clear as those for the P phase, and the duration measurements, and
thus the vertical rupture extent, may have large uncertainties. There is another study
showing vertical trajectory of high-frequency energy propagating downward (Kennett
et al., 2014), and these authors propose that the discrepancy between their result and
other studies may come from the difference in locations of the high- and low-frequency
energy release.
Although the dip angle for the Mw 8.3 event is not as well-constrained as for the
Mw 7.7 event, the difference is significant. Event 2 ruptures on a nearly horizontal
plane (−19 ± 8◦ ) while Event 1 ruptures with substantial dip (48 ± 8◦ ). This change
in geometry within the same subducting slab, separated only by 800 km, suggests the
existence of complex stress field. Seismic tomography studies of this subduction zone
have shown complicated slab structure such as flattening around 650-km depth (e.g.,
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Fukao et al., 1992; van der Hilst et al., 1993; Takenaka et al., 1999) while other parts
appear to penetrate into the lower mantle (e.g., Creager & Jordan, 1984; Zhou et al.,
1990; Gaherty et al., 1991; Schwartz et al., 1991; Ding & Grand, 1994; Glennon &
Chen, 1993; Pankow & Lay, 1999). The differences in the dip angle between the two
mainshocks considered in this study may reflect differences in the slab dynamics.
In regard to the azimuthal constraint on Event 2, previous studies conclude that
the dominant rupture direction is south or southeast, which is about 60 to 80◦ off from
243±11◦ of the model presented in this Chapter. This discrepancy may be caused by the
fact that the last subevent has a small amplitude (Figure 2.11; See Section A.2) that may
have been obscured in other back-projection analyses. In my directivity analysis, the
end time measurements emphasize the final slip location and the method is less prone
to amplitude variations. Furthermore, south or southeast locations are included in the
cluster of solutions for the second source in the two-episode analysis, compatible with
models from other studies. The two-episode model can also help explain an observation
that a straight line cannot be fit to the end times on the record section assuming a single
rupture direction (e.g., Zhan et al., 2014). Chen et al. (2014) consider directivity of
P phase to obtain an azimuth of about 160◦ by finding the shortest waveform duration.
As described in Section 2.1.4, for a complicated rupture such as Event 2, the azimuth
with the shortest observed duration is not necessarily the rupture propagation direction
(Figure 2.4). For these complex events, it is more effective to search for maxima in
observed durations that correspond to the antipodal directions from different episodes.
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2.5

Conclusions

I have introduced and implemented a technique to obtain earthquake source parameters
based upon a three-dimensional directivity formulation, emphasizing the importance
of dip angle in the directivity analysis. The dependence of the observed duration on the
take-off angle, combined with the limited data coverage, can significantly bias estimates,
such as source duration, based on the conventional approach. For example, relying upon
teleseismic data, i.e., biased sampling in the lower focal hemisphere and sparse sampling
of the upper focal hemisphere, can result in a source duration that is up to ∼20% under
or overestimated. Using the unilateral rupture model, my method requires no additional
assumptions or a priori constraints such as fault plane orientation. The inversion is
nonlinear, but a reasonable starting model can be obtained easily with a grid search, and
the iterative part of inversion converges rapidly.
The inversion scheme seeks four rupture parameters, the source duration, rupture
speed, dip, and azimuth of propagation, and has been applied to two deep-focus events
in the Sea of Okhotsk region, an Mw 7.7 event that occurred on August 14, 2012, and an
Mw 8.3 event from May 24, 2013. The measured compressional-wave durations of the
first event show smooth dependence on take-off angle and azimuth, consistent with the
expected pattern from a unilateral rupture propagation. The resulting rupture parameters
are 26 ± 1 seconds for source duration, rupture speed of at least 2.7 ± 0.2 km/s (i.e.,
49±4% of the shear wave speed), and the propagation direction of 48±8◦ dip and 42±5◦

52

Chapter 2. Three-Dimensional Rupture Directivity
azimuth, nearly parallel to the Kuril trench. Based upon these values, the rupture extent
along the Kuril subduction zone towards northeast is estimated to be 69 ± 6 km. The
second, larger earthquake, on the other hand, shows considerable complexity in the data,
suggestive of a rupture that is not unilateral. The preferred solution has a source duration
of 37±1 seconds, rupture speed of at least 1.4±0.2 km/s (i.e., 26±3% of the shear wave
speed), and the rupture direction of −19 ± 8◦ dip and 243 ± 11◦ azimuth. The rupture
propagation is parallel to the Kuril trench, but is in the opposite direction to that of the
Mw 7.7 event. I compare these results with back-projection analysis of P-wave data
recorded in North America. The images show complex rupture behavior for the second
earthquake with at least three different directions of propagation. The back-projection
results indicate that the directivity analysis with a unilateral rupture assumption gives
values associated with the location of the last subevent, or the last part of the energy
release.
In view of complexities observed for the Mw 8.3 earthquake, I extend the approach
beyond unilateral rupture by replacing the duration equation with a general expression
for rupture with multiple episodes in arbitrary directions. This formulation provides insight into some challenges associated with directivity analysis. For example, the shortest
observed duration is no longer the direction of rupture, and the assumption of unilateral
rupture for a complex earthquake leads to an overestimation of the source duration.
Application of this method using the simulated annealing algorithm results in a twoepisode solution that significantly improves the fit to the data. One cluster of locations
is compatible with the location inferred from the unilateral modeling as well as the final
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subevent identified through back-projection analysis, and the other group of locations is
close to some subevent locations from the back-projection analysis. The source duration
estimate obtained from the multi-episode method is about 3 seconds shorter, consistent
with the inherent overestimation of the source duration in the unilateral rupture model.
Improvements in the estimates can be obtained with stations that are more uniformly distributed in the take-off angle and azimuth. Achieving better coverage through
installation of more seismic stations around the world is difficult, but the coverage, especially in the upper focal hemisphere, can be improved by incorporating other seismic phases such as the depth phases. For a complex earthquake involving multiple
subevents, if one can identify end or peak-amplitude times of each subevent, they can
be used to constrain their timing and location, as well as the overall rupture area. Some
studies have followed this approach, and inferred the subevent locations (e.g., Bezada &
Humphreys, 2012; Wei et al., 2013), but it is important to note that arrivals associated
with two or more subevents do not appear as simple sinusoidal functions. In addition,
efforts to automate directivity analysis without picking arrival or end times using the
waveform stretching and matching approach (Warren & Silver, 2006) can be combined
with my inversion method. For complex non-unilateral ruptures, different amplitude and
stretching associated with various subevents must be taken into account. Finally, the inversion scheme described in this Chapter can be applied to smaller events, possibly as
small as Mw 5.7 (Warren & Shearer, 2006), or shallower events as long as variations in
body-wave durations are observed without interference from other phases such as pP.
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Mantle Transition Zone Structure
Based on High-Frequency Triplication
Data
Constraining elastic properties of the 410- and 660-km discontinuities is vital for understanding the mantle composition and dynamics. The discontinuities delineate the
mantle transition zone, and their structure such as topography and sharpness are linked
to temperature and pressure conditions of associated mineral phase transformations as
well as compositional variations such as content of water or other elements (e.g., Vidale
& Benz, 1992; Duffy et al., 1995; Wood 1995; Weidner & Wang, 1998). A majority
of the previous studies examining the discontinuities use underside reflections of P or S
waves (e.g., Estabrook & Kind, 1996; Flanagan & Shearer, 1998; Rost & Weber, 2002;
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Deuss et al., 2006; Schmerr & Garnero, 2007; Thomas & Billen, 2009) or receiver
functions (e.g., Vinnik, 1977; Dueker & Sheehan, 1997; Farra & Vinnik, 2000; Neal
& Pavlis, 2001; Lebedev et al., 2002; Vinnik et al., 2004; Li et al., 2004; Tibi et al.,
2007). They found global and regional variations in discontinuity topography correlated
with temperature conditions associated with up-welling plumes and subducting slabs
imaged by seismic tomography (e.g., Simmons et al., 2010; Ritsema et al., 2011; Fukao
& Obayashi, 2013).
Another approach to study the discontinuities is to use the triplicated arrivals of
seismic data. These arrivals consist of three seismic phases that are sensitive to seismic
structure slightly above, at, and below the discontinuity (e.g., Bullen & Bolt, 1985);
hence, they provide strong constraints on the depth, width, and velocity change across
the discontinuities. Nevertheless, the triplication data have only been analyzed in a limited number of studies (e.g., Grand & Helmberger, 1984; Walck, 1984; Tajima & Grand,
1998; Song et al., 2004). The challenge with the triplicated arrivals is that, at a given
station distance, the three phases arrive close in time and often overlap with each other,
making it difficult to separate the individual phase. Therefore, these previous studies
have been restricted to small portion of the triplication data with clearly identifiable arrivals with a trial-and-error approach using waveform modelling. Takeuchi et al. (2014)
tried to overcome this issue by fitting overlapping waveforms, but their method does not
incorporate information from arrivals associated with reflections from the discontinuity.
I demonstrate that the three triplication phases can be separated by transforming the
data into the ray parameter-intercept time domain, which brings out the high-frequency
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information that is not easily accessible in the original form of data. The three phases
can then be fully utilized to invert for the detailed seismic wave speed structures around a
discontinuity. Using this new method allows examination of the variation in topography
as well as sharpness of discontinuities at sub degree scale.

3.1

Theory

Even though the three triplication phases arrive at similar times, each phase has a unique
ray parameter value, i.e., the slopes of the travel time curve differ. Thus, if the data are
rearranged as a function of the ray parameter, the phases are separable. The Radon
transform (Radon, 1917) achieves this separation by transforming the data in the time T
and distance ∆ domain into the spherical ray parameter p and intercept time τ domain.
The relationship between these parameters are given as (Bullen & Bolt, 1985)

τ = T − p∆,

and

p = dT /d∆.

The τ (p) curve is monotonically decreasing, where the prograde (d∆/dp < 0) branches
are concave up and the retrograde branches (d∆/dp > 0) are concave down (Figure 3.1b). The two inflection points correspond to the caustics or the cusps that occur as
two phases merge in the travel time curve.
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Figure 3.1: Radon transform of ray theoretical travel times and real data. (a) Reduced
travel time curve of triplicated phases, direct (dark blue), reflected (red), and transmitted
(light blue). The yellow shade describes the triplication distance range. (b) Reduced
τ (p) curve, which is obtained by applying the Radon transform to the travel time curve in
(a). Three different phases are colored using the same scheme as in (a). The positive (+)
and negative (-) curvatures correspond to prograde and retrograde phases, respectively.
(c) Waveforms in the triplication distance recorded by the Hi-net array from an Mw 5.5
event occurred on September 18th, 2014 at 500-km depth. (d) Radon transform of the
data in (c), showing the separation of the three phase arrivals.
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τ (p) is obtained from the integration of vertical slowness along the ray path (Bullen
& Bolt, 1985), i.e.,
Z

rq

τ (p) =
rp

s

p2

1
− dr +
v(r)2 r2

Z

R

s

rp

1
p2
−
dr,
v(r)2 r2

(3.1)

where rp , rq , and R are the radii of the turning point, earthquake depth, and the radius
of the Earth, respectively. The first and the second terms on the right hand side of
the equation correspond to the ray paths from the source to the turning point and from
the turning point to the Earth’s surface, respectively. I assume a one-dimensional wave
speed structure v(r) is assumed to be known except for depths where the triplication data
are most sensitive. The depths around the discontinuity are discretized into N layers of
constant wave speeds, v = (v1 , v2 , · · · vN ). Such parametrization is advantageous in
providing analytical expressions for τ (p) as well as for obtaining the perturbation in
τ (p) due to changes in the model wave speed. The contribution of the ith layer to τ (p),
τi (p), is obtained based on Equation 3.1 as
rZ
i +hi

τi (p) =

"s

Re
ri −hi

p2

1
−
vi2 r2

min(rZq ,ri +hi )

#
dr + H(rq − ri + hi )

Re
ri −hi

"s

1
p2
−
vi2 r2

#
dr

= F (ri + hi ) − F (ri − hi )
+ H(rq − ri + hi )(F (min(rq , ri + hi )) − F (ri − hi ))
(3.2)
s
where

F (r) = Re 





r2
p
 ,
− p2 + p tan−1  q 2
2
r
vi
2
2 − p
vi

59

Chapter 3. Mantle Transition Zone Structure
and ri and hi are the central radius of the ith layer and half of the layer thickness,
respectively. The term that includes the Heaviside function H describes how many times
the ray passes through the layer, which depends on whether the earthquake is located
above, below, or within the layer (Figure 3.2). Using the real part of the integrand also
guarantees that there is no contribution from the layers below the turning point rp . Based
on Equation 3.2, Equation 3.1 can be rewritten as

τ (p) =

N
X

Zrq s
τi (p)+H(rq −rN −hN )

i=1

rN +hN

p2
1
−
dr +
v(r)2 r2

ZR s

p2
1
−
dr,
v(r)2 r2

rN +hN

(3.3)

where rN is the radius above which a one-dimensional velocity structure is assumed,
and the second and third terms on the right hand side of the equation correspond to the
contributions from the assumed wave speed structure on the source side and receiver
sides, respectively.
I perform an iterative inversion by perturbing Equation 3.3 with respect to the wave
speeds vi (i = 1, · · · , N ), using a reference model as the starting model. The analytical
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...

ri+1

G (ri+1+hi+1) – G (ri+1–hi+1)

ri

rq

ri–1

2hi-1

G (ri+hi) + G (rq+hi) – 2G (ri–hi)
2G (ri–1+hi–1) – 2G (ri–1–hi–1)
...

Figure 3.2: Calculation of τi (p) and δτi (p). G can either be F (Equation 3.2) or ∂v F
(Equation 3.4). The ray (black line) from an earthquake (red star) at radius rq travels
through the layers of thickness 2hi . The calculation is based on how many times the ray
passes through the layer, i.e., one if the earthquake is below the layer, and two if above
the layer. If the earthquake occurs within the layer, the earthquake radius rq is used to
calculate the contribution from the path between the earthquake and the bottom of the
layer.

expression for the perturbation is

δτ (p) =

i=N
X

δτi (p) =

i=1

where

i=N
X
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δvi

∂τi (p)
,
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Equation 3.4 can be written in the matrix form as

δτ j−1 = Gj−1 · δv j

(3.5)
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where δτ j−1 is a vector containing the residual intercept time [δτ1 δτ2 · · · δτK ]T from
the (j − 1)th iteration, associated with discrete ray parameters, p1 , p2 , · · · , pK , and δv j
is the perturbation in the wave speeds, [δv1 δv2 · · · δvN ]T , at the jth iteration. The
elements of the Gj−1 are calculated using the wave speeds δv j−1 from the (j − 1)th
iteration based on Equation 3.4. Using least squares, the misfit function is defined as

fj (v j ) = δτ Tj · δτ j .

(3.6)

Minimizing the misfit function produces the model update,

δv j = (GTj−1 · Gj−1 + λI)−1 · GTj−1 · δτ j−1 ,

(3.7)

where λ is the Lagrange multiplier that controls the strength of the regularization, and
the updated model parameter vector is obtained as

v j = v j−1 + δv j .

3.2

(3.8)

Data

I consider data from the High-Sensitivity Seismograph Network in Japan (Hi-net; Okada
et al., 2004) for analysis of the transition zone discontinuities. A unique advantage of the
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Hi-net is its dense distribution throughout Japan with more than 700 three-component
seismic stations (Figure 3.3), and also the data are openly available through the National Research Institute for Earth Science and Disaster Resilience (NIED) of Japan
(http://www.hinet.bosai.go.jp). For the analysis, intermediate and deep earthquakes, i.e.,
events deeper than 60 km, in the Kuril subduction zone with Mw greater than 5, which
occurred between January 2000 and February 2016 are considered. The depth criterion
is set to ensure that the depth phases do not arrive within the main triplication phase time
window. Based on the USGS National Earthquake Information Center (NEIC) catalog,
these selection criteria result in about 300 events. Based upon a one-dimensional model
IASP91 (Kennett & Engdahl, 1991), the distance covered by the Hi-net is checked if it
includes the entire triplication distance range (Figure 3.1a) associated with the 410- or
660-km discontinuity. There are 93 and 45 events capturing the triplication phases from
410- and 660-km discontinuities, respectively. In total, there are 121 events, of which
17 of them sample both discontinuities.
I discard events with noisy data, i.e., average signal-to-noise ratios less than 1.5,
where the signal window is 5 seconds from the first arriving P onset and the noise window is 10 to 5 seconds before the onset. The data are bandpass filtered between 0.04
and 0.5 Hz using a four-pole two-pass Butterworth filter (Butterworth, 1930) and transformed into the τ − p domain. The transformed data are visually inspected to select
ones where the τ (p) curves are clearly identifiable. This results in 14 events that are
shown in Table 3.1. These events provide 6 and 13 τ (p) curves for 410- and 660-km
discontinuities, respectively, where 5 events contribute to both discontinuities.
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Figure 3.3: Earthquakes and stations used in this Chapter and the sampling regions.
14 Earthquakes (stars) are used to examine 410- (blue stars), 660- (red stars), or both
(yellow stars) discontinuities. Hi-net stations (orange triangles) provide dense data coverage. The sampling region of each event is shown for 410- (blue circles) and 660km (red circles) discontinuities. Thick solid and dashed lines indicate the locations of
cross-sections shown in Figures 3.5 through 3.7. Thin black and gray lines represent
the plate boundaries (Bird, 2003) and slab contours from Slab 1.0 (Hayes et al., 2012),
respectively. The background color shows bathymetry and topography from ETOPO2
(National Geophysical Data Center, 2006).
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Table 3.1: Earthquakes used in this Chapter. Their timings, hypocentral locations and
magnitudes are based on the NEIC catalog (https://earthquake.usgs.gov).
Event
1
2
3
4
5
6
7
8
9
10
11
12
13
14

Date
2001-02-07
2003-11-07
2006-05-22
2007-05-30
2008-03-01
2008-03-06
2009-01-14
2009-04-21
2010-11-16
2010-11-21
2011-11-09
2014-01-31
2014-09-18
2015-10-16

Latitude (◦ )
52.751
50.976
54.271
52.137
53.886
51.522
52.267
50.833
51.733
51.199
52.477
54.666
50.542
55.596

Longitude (◦ )
153.848
157.223
158.447
157.293
159.295
156.546
159.294
155.009
159.165
150.858
159.790
159.562
150.135
159.211

65

Depth (km)
426.6
66.0
197.0
116.0
112.3
134.4
62.4
152.0
61.0
480.0
62.3
169.2
500.0
285.0

Magnitude
5.7
5.5
6.2
6.4
5.4
5.5
5.4
6.2
5.4
5.0
5.3
5.1
5.5
5.6
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3.3

Method

There are techniques that convert time-distance data into the τ − p domain by stacking, which are known as beam-forming, vespagram, slant, Nth-root, or phase-weighted
stacking (e.g., Kanasewich et al., 1973; Schimmel & Paulssen, 1997; Rost & Thomas,
2002). These techniques are useful for detecting a weak arrival of a phase with a certain
ray parameter and arrival time, i.e., a single point in the τ − p domain. However, they
are not suitable for deriving the τ (p) curve, since the stack biases toward the data with
dense distance coverage. Alternatively, the algorithm by Schultz & Gu (2013) treats the
transformation of the seismograms into the τ − p domain as an inverse problem. It finds
optimal τ − p values for which the inverse Radon transform best fits the original data
(Beylkin, 1987; Figure 3.1), resulting in a more robust measure of the dependence of τ
on p. Hence, this algorithm is used to transform seismograms containing the triplication
data. In addition, each seismogram is assigned a weight, 1/N , where N is the number
of seismograms available within 1 degree, to account for the uneven data distribution.
In theory, the τ (p) curve does not have width as it corresponds to the arrival times of
each phase. However, in practice, the data has undulations in the τ − p domain, and the
onsets are not clear enough to pick (Figure 3.1d). Alternatively, a zero-crossing point
between the positive and negative amplitudes can be selected for each ray parameter
value to provide a more reliable estimate of the τ (p) curve. This curve is offset from the
theoretical curve by half a wavelength, but it does not affect the analysis which examines
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the curvature and slope rather than the absolute values.
For each τ (p) curve obtained from each earthquake, the iterative inversion (Equations 3.7 and 3.8) is performed to search for the best-fitting wave speed model. The
wave speed structure outside the search area is assumed to be that of IASP91 (Kennett
& Engdahl, 1991). The depth range of the wave speed model is ±100 km around the
discontinuity depth, i.e., 410/660±100 km. τ (p) curves with corresponding range of
the ray parameter are considered, i.e., 10.55−12.21 and 8.86−10.28 seconds/degree for
410- and 660-km discontinuities, respectively, where the upper and lower bounds correspond to the rays bottoming at 410/660±100 km. The sampling rate of the ray parameter
is 0.01-second/degree. I have tested various numbers of layers N ranging from 10 to 80
and the regularization parameter λ in Equation 3.7 between 0 and 1000. Minimum χ2
misfit is obtained when N =40 (constant 5-km thickness layers) and λ=100, which are
used for the remainder of this Chapter. For these parameters, the inversion takes about
10 to 20 iterations to converge to the final solution. Repeating the inversion 100 times
with randomly resampled data sets and associated τ (p) curves provides the uncertainty
of the final solution (Figure 3.4a).
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Figure 3.4: Compressional velocity Vp profile and gradient. (a) Best-fitting velocity
profile (black line) for Event 1 (Table 3.1) with its location and sampling region marked
as red star and circle with thick black border lines in Figure 3.3. Bootstrapping results in
a group of Vp profiles (gray lines) and their average profile (red dotted line), providing
uncertainty in the original Vp estimates. (b) Same as (a) except the velocity gradient is
shown.

3.4

Results

Application of the new technique to individual events reveals the detailed structure
around the discontinuity including the shape of the wave speed profile and the sharpness of velocity change (Figure 3.4a). I also calculate the wave speed gradient with
respect to depth, which brings out the discontinuities with a large jump in wave speed
(Figure 3.4b). All the solutions obtained for both 410 and 660 km discontinuities and
corresponding gradients can be found in Figures B.1 and B.2 in Section B.
Each event samples the 410- or 660-km discontinuity in a different region (Figure 3.3), and changes in the wave speed profiles and gradients can be compared to
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examine the spatial variation. For the 660-km discontinuity, there are 13 sampling locations, where 5 and 8 of them are grouped to show the structure along the cross sections
A and B, respectively. Triplication data from Event 1, for example, provides wave speed
structure with its central sampling point located north of Japan (Figure 3.3). The most
striking feature of the resulting wave speed profile is the existence of multiple steps or
abrupt increases in wave speed (Figure 3.4a). Major velocity jump occurs at 675-km
depth, with a smaller jump at about 665 km. The smaller jump, however, is not clearly
separated from the major jump based on the average profile obtained from the bootstrapping procedure (Figure 3.4), where the two jumps are difficult to distinguish from
one broad jump. Similarly, the two additional small jumps at shallower depths around
605 and 620-km depths are connected to each other in the average wave speed profile,
although their peaks in the wave speed gradient are separated. The significant wave
speed increase at depth around 620 km in addition to the usual 660-km discontinuity
is, however, well-resolved. The multiple jumps in the wave speed account for a good
fraction of the velocity increase in the modeled depth range, i.e., the velocity gradients
are nearly zero apart from the discontinuities. Below the major discontinuity at 675-km
depth, the wave speed increases gradually with the gradient of about 0.003 km/s/km.
The other events sampling the cross section A, Events 2, 6, 10, and 13, also result
in gradient profiles with more than one discontinuity (Figure 3.5). Even though some
of the peaks in the best-fitting profile of Event 1 are not clearly separated in the average
profile, it is not the case for Events 2, 6, 10, and 13, where the best-fitting profiles are
nearly identical to the average profiles from bootstrapping (Figure B.1). It confirms that
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the multiple discontinuities obtained for all the gradient profiles in the cross section A
are robust (Figure 3.5). There are large wave speed jumps around the 660-km and some
additional jumps at shallower depths. The large jumps occurring below 630 km consist
of two peaks in general, whose depth ranges become shallower as the sampling location
moves away from the slab. The largest gradient is associated with the deeper of the two
peaks for Events 1, 2, and 6, and the shallower one for Events 10 and 13. The largest
peak in the profile of Event 13 is smoother in the average profile, but is still separated
from the smaller peak below it (Figure B.1).
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Figure 3.5: Vp gradient for Group A shown as a function of relative distance to the slab,
following the profile A in the map. Each gradient profile is shaded to clearly show the
discontinuities, where the amplitudes of the gradients are in the same scale. Dashed
lines show possible phase transformation of olivine and garnet systems around 660-km
depth. Numbers above the profiles correspond to the Event numbers in Table 3.1.

The cross section B is about twice as long and more parallel to the trench than cross
section A. The Vp profiles in section B also exhibit multiple discontinuities, consisting
of a major discontinuity near 660 km and some weaker velocity jumps at depths at or
above 630 km (Figure 3.6). However, the double-peak feature near the 660-km depth
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observed in cross section A is not as prominent in B. Either there is a single peak, or
there are two that merge into one broad discontinuity in the average profile obtained from
the bootstrapping procedure (Figure B.1). The topography of the major discontinuity
becomes shallower as it samples farther from the slab, from about 675 to 660 km with
some minor undulations of ±5 km, i.e., within uncertainty. However, the overall change
is about 15 km, comparable to the change in A (Figure 3.5).

B
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11
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640
660
680
700
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(close to slab)

Figure 3.6: Same as Figure 3.5 except for the gradients are along the profile B.
In contrast to distributed sampling of the 660-km discontinuity, the 410 km discontinuity is sampled in a compact region (Figure 3.3). This region spans about 70 km in
slab-perpendicular and 170 km in slab-parallel directions (Figure 3.7). The most notable observation is the broadness of the discontinuity, including Event 8 where the discontinuity is nearly missing (Figure B.2). Contrary to the 660-km discontinuity where
the discontinuities are responsible for most of the wave speed increase over a depth
range of 200 km, the wave speed around 410-km discontinuity increases throughout
the depths. The level of the background velocity gradient is, thus, higher, at about
0.005 km/s/km, and the velocity jumps at the discontinuities have smaller amplitudes,
below 0.03 km/s/km. The sharpness of the discontinuity varies considerably within the
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small scale of about 70 km sampled by the data. The discontinuity is especially diffuse
for Events 7, 8, 9, and 11, which are located on both ends of the D cross section. The
gradient profiles of the diffuse discontinuity tend to show multiple small peaks, but many
of them are not robust features, i.e., the peaks occur at different depths with different
subsets of data used during the bootstrapping. Nevertheless, the peaks from bootstrapping analysis are not only concentrated around 410 km, but the largest velocity jumps in
average profiles also occur around 410 km (Figure B.2). By taking the depths of these
peaks, the discontinuity topography can be examined. Along the slab-perpendicular direction, the topography changes from about 410 to 425 km as one moves farther from
the slab, excluding the profile associated with Event 8 that does not have a robust discontinuity (Figures 3.7a and b). In the slab-parallel direction, however, the topography
does not change monotonically (Figure 3.7c).

3.5

Discussions and Interpretations

Earth’s upper mantle is mainly composed of olivine (Ol), pyroxene (Px), and garnet
(Gt) (e.g., Ringwood, 1975). Olivine (α-Mg2 SO4 ) transforms into wadsleyite (Wd; βMg2 SO4 ) and then into ringwoodite (Rw; γ-spinel), at the top and middle of the mantle
transition zone, respectively, and Ol, Wd, and Rw are referred to as Ol-normative component (e.g., Akaogi et al., 1989). On the other hand, Gt-normative component refers
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Figure 3.7: (a) Vp gradient obtained for each event is shown as a function of relative
distance to the slab. Dashed lines show change in 410-km discontinuity. (b) Same as (a)
except for absolute Vp is plotted. (c) Same as (a) except that the profiles are shown in
the slab-parallel direction. Yellow shades indicate the region of more diffuse or spread
out discontinuity.
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to pyroxene (Px) and garnet (Gt) (e.g., Green & Ringwood, 1967). They coexist in
the upper mantle, but Px dissolves into Gt near the mantle transition zone. Thus, Oland Gt-normative components construct the upper mantle and the transition zone, where
Ol-normative component is considered, on average, to be about 40 to 60% of the total
volume fraction (e.g., Ringwood, 1962; Bass & Anderson, 1984; Zhang & Bass, 2016).
Both components transform into bridgmanite (Bg) and magnesiowüstite (Mw) at the
bottom of the transition zone (e.g., Akaogi et al., 1989; Vacher et al., 1998).

3.5.1

660-km Discontinuity

660-km discontinuity has been mainly attributed to Rw to Bg+Mw transition, also referred to as “post-spinel” transition for the Ol-normative component (e.g., Ito & Takahashi, 1989; Irifune et al., 1998). Yet the multiple discontinuities observed around 660km depth suggest the presence of additional phase transformations occurring at similar
pressure as Rw to Bg+Mw transition, which can be found for the Gt-normative component (Vacher et al., 1998). This includes Gt to Akimotoite (Ak; ilmenite) and Ak to
Bg transitions in relatively cold regions such as subduction zones, where the former occurs at a lower pressure, i.e., a shallower depth (Hirose, 2002). In warmer temperature
condition, Ak is not stable and Gt transforms directly into Bg.
The velocity jumps occurring around 600 to 630 km depths close to the slab may be
associated with the Gt to Ak transition (Figure 3.5). The broadened velocity transitions
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and any jumps at even shallower depths around 600 km may be associated with Gt to
calcium-bridgmanite (Ca-Bg) transition, which occurs over a broad depth range around
and above 600 km (Saikia et al., 2008). The double-peak feature around 660 km, appearing at most velocity gradients in cross section A (Figure 3.5), is likely a manifestation of
Ak to Bg and Rw to Bg+Mw transitions. These two transformations are predicted to be
occurring at pressures of less than 300 MPa difference, i.e., separated by less than about
20 km in depth (Weidner & Wang, 1998). Thus, they have not been clearly separated
in previous observations using relatively low frequency data (e.g., Flanagan & Shearer,
1998; Deuss et al., 2006). There are a few studies that observed the two transformations,
however, the discontinuities are not so obvious. Schmerr & Garnero (2007) and Schmerr
& Thomas (2011) could detect only one of the two transformations in each data set they
adopted, but put the detections together in each location. Simultaneous observation of
the multiple peaks has been reported by Simmons & Gurrola (2000), but their inferred
peaks are nevertheless difficult to distinguish from a single broad pulse.
Taking the distance from the slab as a proxy for the mantle temperature, the topography change of the multiple discontinuities observed around the 660-km discontinuity
are consistent with the suggested phase transformations and the signs of their Clapeyron
slopes, i.e., positive for Gt to Ak and negative for Ak to Bg and Rw to Bg+Mw transitions (e.g., Ringwood, 1975; Ito & Takahashi, 1989; Irifune et al., 1998; Hirose et al.,
2001; Katsura et al., 2003; Chudinovskikh & Boehler, 2004; Fei et al., 2004; Wang et al.,
2004; Wentzcovitch et al., 2004; Litasov et al., 2005a; Yu et al., 2007; Yu et al., 2011;
Ye et al., 2014; Hernández et al., 2015). For Ak to Bg and Rw to Bg+Mw transitions,
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there is a wide range of published values for the magnitude of the slopes. Experimental
studies have reported −2.7 to −4.0 MPa/K for Ak to Bg and −0.4 to −2.5 MPa/K for
Rw to Bg+Mw, while the first principle calculations tend to provide steeper slopes, −4.0
to −6.0 MPa/K for Ak to Bg and −2.9 to −3.9 MPa/K for Rw to Bg+Mw. In order to
compare the slopes from observations presented here, the changes in topography of the
two transformations in the cross section A can be examined (Figure 3.5). For any pair
of gradient profiles, the difference in the topography associated with Ak to Bg transformation can be obtained based on comparing the peak locations, and the difference
obtained for every possible pair can be averaged to provide average topography change
among different profiles. Repeating the same calculation for the discontinuity topography associated with Rw to Bg+Mw, I find the topography change associated with Ak to
Bg transformation is about 1.6 times larger than that of Rw to Bg+Mw transformation.
Thus, it is consistent with the mineral physics results, where the magnitude of the slope,
in general, is larger for Ak to Bg compared to Rw to Bg+Mw. The two discontinuities
become increasingly separated farther from the slab (e.g., profiles from Events 1 and 2
in Figure 3.5), also agreeing with the study showing that the two transformations occur
at similar pressure in cold temperature condition but diverge as temperature increases
(Weidner & Wang, 1998).
Among the range of the Clapeyron slopes published (e.g., Ito & Takahashi, 1989;
Irifune et al., 1998; Hirose et al., 2001; Katsura et al., 2003; Chudinovskikh & Boehler,
2004; Fei et al., 2004; Wang et al., 2004; Wentzcovitch et al., 2004; Litasov et al.,
2005a; Yu et al., 2007; Yu et al., 2011; Ye et al., 2014; Hernández et al., 2015), the
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steeper values are more consistent with observations since gentle slopes would lead to
an unreasonably high temperature change across section A (Figure 3.5). For example,
−0.4 MPa/K for Rw to Bg+Mw transition (e.g., Litasov et al., 2005a) results in a temperature change of about 1800 K, and −2.7 MPa/K for Ak to Bg (e.g., Hirose et al.,
2001) about 500 K. In contrast, the high values from experiments, i.e., −4.0 MPa/K for
Ak to Bg and −2.5 MPa/K for Rw to Bg+Mw (e.g., Chudinovskikh & Boehler, 2004;
Ye et al., 2014), correspond to about 300 K change along the 250 km transect of cross
section A. The two specific values also satisfy the topography variation ratio of 1.6 obtained from the observations. If even steeper slopes suggested from the first principle
calculations, for example, −6.0 and −3.9 MPa/K for Ak to Bg and Rw to Bg+Mw,
respectively, are used, the temperature variation becomes about 200 K.
Another factor that controls the size of the Clapeyron slope is the presence of water,
which has been suggested to produce steeper Clapeyron slopes for the Rw to Bg+Mw
transformation (Litasov et al., 2005ab). Thus, lower values of Clapeyron slopes measured in the case of anhydrous conditions but with added water can also explain the
observations with a reasonable temperature variation based on Rw to Bg+Mw transformation. However, it is unclear how the water affects the Ak to Bg transformation. If water has a similar effect on the Ak to Bg transformation, gentle Clapeyron slopes for both
transformations accompanied by water are equally possible as steep slopes. Whether or
not there is water present, the observations require steep “apparent” Clapeyron slopes in
the study region.
The observations in cross-section A not only suggest steep slopes for both transfor-
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mations but also indicate the lateral variation in the relative strength of each transformation. For example, in the profile from Event 13, the Ak to Bg transformation has a
significantly larger contribution to the velocity jump than Rw to Bg+Mw transformation,
compared to other profiles (Figure 3.5). The variation in relative velocity jumps arises
from the variable ratio of Ol-normative to Gt-normative composition; such small-scale
compositional variation has not been well documented, but is compatible with a large
range of Ol-normative and Gt-normative fractions in the mantle that has been argued
(e.g., Ringwood, 1962; Bass & Anderson, 1984; Zhang & Bass, 2016).
A “double 660-km discontinuity” caused by Ak to Bg and Rw to Bg+Mw and their
large negative Claperyron slopes inferred in this Chapter are important issues in mantle dynamics. With strongly negative Clapeyron slope, the corresponding discontinuity
becomes a greater obstruction for any vertical motion (Christensen & Yuen, 1985). The
critical value for convection modes between double- and single-layer convection, has
been suggested to lie between −4 and −8 MPa/K. The range is close to the slopes of
Ak to Bg transformation obtained from the first principle calculations and the high values from experiments, and to the high value of Rw to Bg+Mw from the first principle
calculation. Considering that Ak to Bg has about 1.6 times larger slope, and hence, a
greater impedance to mantle convection than Rw to Bg+Mw. This is particularly important for subducting slab where Ak is stable and more abundant (e.g., Hirose, 2002). In
contrast, in a hot region, not only is Ak unstable but also the direct transition from Gt to
Bg has a positive Clapeyron slope, and the impeding effect from transformations would
be smaller. Thus, it is inferred that active up-wellings, e.g., plumes, encounter less hin-
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drance compared to down-going slabs. Additionally, if small-scale variations in Ol- and
Gt-normative content are a common feature throughout the mantle, then it would produce 660-km discontinuity that has variable levels of impedance to flow, which, at a
larger scale, would appear as a leaky interface.
Even though the Gt to Ak transformation does not appear as strongly as the others
in terms of the velocity jump, the associated topography can be examined based on the
peaks of Vp gradient profiles (Figure 3.5). This results in the variation in topography,
and hence, the Clapeyron slope about 1.1 to 1.7 times that of the Rw to Bg+Mw transformation. The lower and upper bounds correspond to using one of the two peaks at the
depths between 600 and 630 km of the profile from Event 1. The upper bound value is
more compatible with mineral physics experiments that infer a steeper slope than Ak to
Bg transformation which is 1.6 times that of Rw to Bg+Mw transformation (e.g., Wang
et al., 2004).
I interpret the well-defined peak at about 635 km in the profile from Event 2 (at the
farthest distance from the slab; Figure 3.5) where Gt to Ak and Ak to Bg transformations
merge together. It is supported not only by the general trend in the topography change
of the two transformations, but also by the significant amplitude of the velocity jump.
This observation is compatible with the fact that the pressure range of the stable Ak
phase decreases as temperature increases, and at high temperature, the phase becomes
unstable. Thus, in warm regions, Gt transforms directly into Bg without an Ak phase.
If the merge point of the three phases, Gt, Ak, and Bg is indeed captured by the data
presented in Figure 3.5, it provides powerful constraints on the absolute pressure and
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temperature values and the composition, e.g., aluminium content. The merge point at
about 635 km depth or pressure of 22 GPa would indicate a local temperature of about
1850 K (close to 1900 K if extrapolated to 660 km using a temperature gradient of about
2 K/km), and the Gt of 20% pyrope (aluminium bearing mineral in Gt group; Figure 2 of
Weidner & Wang, 1998). Assuming the preferred Clapeyron slope estimates discussed
earlier, I infer the temperature at the other side of the cross section A would be about
1600 K at 660-km depth.
Profiles in cross-section B do not strongly exhibit a “double 660-km discontinuity”
indicating that this region has less contribution from the Gt system than in section A.
Thus, it is inferred that the local composition in section B is poor in the Gt-normative but
rich in the Ol-normative component compared to the cross-section A, resulting in one
major discontinuity at 660 km attributed to the Rw to Bg+Mw transformation. The peakto-peak change in topography is comparable to that of section A, suggesting that the
temperature variation is comparable. Therefore, the temperature gradient with respect to
the distance to the slab is invariant, considering that the length in the slab-perpendicular
direction is similar for A and B sections. Nevertheless, the absolute topography is about
5 km shallower in section B than in A, which translates to a higher temperature by about
100 K than in A, assuming the Clapeyron slope of −2.5MPa/K.
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3.5.2

410-km Discontinuity

410-km discontinuity is associated with Ol to Wadsleyite (Wd) transition (e.g., Ringwood, 1975). Making the same assumption that the temperature increases with distance
from the slab and focusing on the profiles with relatively sharp discontinuities, the general decrease in the topography of the 410-km discontinuity with distance from the slab
is consistent with the Ol to Wd transition with a positive Clapeyron slope (e.g., Akaogi
et al., 1989; Katsura and Ito, 1989; Katsura et al., 2004). A range in the value of the
Clapeyron slope has been reported, from +1.5 (Akaogi et al., 1989) to +4.0 MPa/K
(Katsura et al., 2004), which translate the 15 km topographic difference to about 350 to
130 K, respectively. The 130 K change results in a temperature gradient along the slabperpendicular direction that is more consistent with the gradient obtained from 660-km
discontinuity based on the slope of −2.5 MPa/K for Rw to Bg+Mw. On the contrary,
the temperature change of 350 K would be too large for such a small lateral dimension
of about 60 km. Hence, the Clapeyron slope on the higher end, i.e., +4.0 MPa/K, is
preferred.
The wide Ol to Wd transition is usually attributed to high water content (e.g., Wood,
1995). However, the effect of water may be limited (Frost & Dolejš, 2007) and not
enough to explain a transition width of over 30 km observed in Figure 3.7. Only when
the temperature is about 200 K lower than the ambient mantle, the water solubility becomes high enough to make the transition as broad as about 27 km in saturated condition,
i.e., 0.8 wt.%. In addition, both the cold temperature and the water content cause the
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topography to be elevated by at least about 15 km using the smallest reported Clapeyron slope of +1.5 MPa/K or 30 km using +4.0 MPa/K, which is inconsistent with the
discontinuities observed at or deeper than 410 km.
Therefore, additional mechanisms that broaden the discontinuity is necessary, and
one of the most effective ways is to increase the iron content in Ol-normative system.
The average iron content of the mantle Ol is thought to be about 10%, but as it increases
to 20%, the width of the discontinuity reaches about 20 km or broader (e.g., Katsura
and Ito, 1989; Frost & Dolejš, 2007). Iron content of 30% or higher makes Wd unstable
and causes the Ol to transform directly into Rw, gradually over 100 km range. In other
words, Wd to Rw transition with high iron content, which is considered responsible for
520-km discontinuity, occurs at significantly shallower depth than 520 km and eventually merge with the Ol to Wd transition. Wd to Rw transition spans over 25 km depth
range (e.g., Katsura and Ito, 1989; Saikia et al., 2008), which, combined with the width
of Ol to Wd transition, may show up as multiple small jumps in wave speed over a broad
range of depth. It is possible that such features in profiles from Events 7, 9, and 11 are
related and “missing 410-km discontinuity” in the profile from Event 8. Note that the
iron content has an insignificant effect on the 660-km discontinuity.
An important aspect to consider in the analysis of the features observed around 410km depth is that both water and iron elevate the topography of the discontinuity. Given
that the observations indicate that the discontinuity is still around 410 km, high iron
or water content must be balanced by a high temperature condition. High temperature,
iron, and water contents are consistent features associated with the existence of melt,
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since water and high temperature facilitates melting, and melt has higher iron content
than the ambient mantle. Thus, a laterally variable width of the 410-km discontinuity
suggests localized melt pockets rather than a universal melt layer suggested by water
filter model (Bercovici & Karato, 2003). It can also be related to a low-wave speed
anomaly detected around 410 km near the study area, which was suggested to have high
temperature and be partially molten (Obayashi et al., 2006).
Another factor to consider for the sharpness of 410-km discontinuity is Ol-normative
poor or Gt-normative rich composition. It makes the jump in the velocity smaller and
the transition smoother resulting from a gradual transition of Clinopyroxene (Cpx) to
Gt occurring at similar depth ranges (e.g., Agee, 1998). Thus, variable Ol-normative
content can explain the difference in the amplitude of the Vp jump between the profiles
from Events 4 and 6. However, this mechanism by itself cannot explain the “missing
410-km discontinuity” observation, since it would require almost no Ol-normative component, which is implausible given the range of values of Ol-normative content argued
for the mantle (e.g., Ringwood, 1962; Bass & Anderson, 1984; Zhang & Bass, 2016).

3.6

Conclusions

In this Chapter, I have introduced a new technique to resolve structure around a discontinuity using high-frequency triplication data. The triplication data in time and space
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domain are Radon transformed into τ − p domain, which separates the three phases,
i.e., direct, reflected, and transmitted waves. Hence, the high-frequency information
carried by the three phases are fully extracted, which otherwise is not easily accessible due to overlapping waveforms. Using the τ − p curves, I examine detailed seismic
structure around upper mantle discontinuities, such as their variation in topography and
sharpness.
The technique is applied to the Kuril subduction zone by taking advantage of the
dense Hi-net array in Japan that have recorded the triplication phases from intermediate and deep earthquakes. The results show multiple jumps in the wave speed around
660-km discontinuity, demonstrating the importance of the Gt component phase transformations. I find the Ak to Bg transformation that has not been clearly detected in previous studies, and infer that its Clapeyron slope is 1.6 times that of the Rw to Bg+Mw
transformation. The observations also suggest absolute values of the slopes for both
transformations are large, implying the significant hindering effect of the “double 660km discontinuity” on mantle convection. I also detect the 410-km discontinuities with
variable thicknesses, including a null observation, i.e., “missing 410-km discontinuity”.
This is consistent with the localized existence of melt, where the high temperature, iron
and water contents are associated with a broader discontinuity.
For future studies, applying the technique to other regions with seismic array data
would allow one to investigate if similar local structure and variations are found. It can
also be used to study other discontinuities with a sudden increase in seismic wave speed,
such as Moho and the inner-core boundary. Expanding the analysis to exploit amplitude
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information would allow one to study density structure in addition to the wave speed
structure. Moreover, shear wave triplication data can provide important complementary
information. Shear waves have different sensitivity to mantle temperature and composition, e.g., water, than compressional waves, which will help distinguish different
mechanisms that control the properties of and around discontinuities.
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Near-Surface Wave Speeds Based on
Body-Wave Polarization
Near-surface structure and its regional variation influence the level of ground shaking at
different sites, and thus, are important in assessing earthquake hazards (e.g., Shearer &
Orcutt, 1987; Cranswick et al., 1990; Semblat & Pecker, 2009). One of the main quantities considered in the seismic hazard analysis is VS30 , the average shear wave speed from
the surface to 30-m depth (e.g., Borcherdt & Glassmoyer, 1992; Martin & Dobry, 1994;
Rinne, 1994). This parameter is widely used as an input to ground-motion prediction
equations (e.g., Boore et al., 1997; Chiou & Youngs, 2008; Laurendeau et al., 2013),
and several geophysical techniques have been established to estimate the quantity (e.g.,
Roser & Gosar, 2010; Odum et al., 2013).
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There have been various methodologies developed to improve constraints of VS30 .
A direct approach is to drill boreholes and obtain wave speed logs (e.g., Levander et al.,
1994; Wu et al., 1994; Kneib, 1995; Holliger, 1996; Milkereit & Eaton, 1998; Boerner
et al., 2000), or measure the elastic properties of the drill core samples in laboratories
(e.g., Salisbury et al., 1994). Vertical seismic profiling also takes advantage of boreholes by recording seismic waves at various depths from a surface source (e.g., Anstey
& Geyer, 1987; Hardage, 2000). However, drilling is expensive and requires specialized
equipment. Alternatively, non-invasive approaches exist, such as seismic reflection or
refraction studies using vibroseis or explosives as seismic sources (e.g., Choukroune,
1989; Mooney et al., 1998; Yilmaz, 2001; Biondi, 2006). Earthquakes also provide important sources to image the subsurface, and allow construction of regional tomographic
models based on body waves such as P, S, Pn, and Sn waves (e.g., Ritzwoller et al., 2002;
Liang et al., 2004; Schmandt & Lin, 2014) or surface waves (e.g., Mitchell & Yu, 1980;
Laske & Masters, 1996; Ritzwoller & Levshin, 1998). Noise interferometry is another
powerful tool to obtain near-surface wave speed, and is well-suited to detect changes
in wave speeds over time (e.g., Lobkis & Weaver, 2001; Shapiro & Campillo, 2004;
Draganov et al., 2007; Brenguier et al., 2008; Stehly et al., 2008; Nakata & Snieder,
2012). Wald & Allen (2007) have also made an effort to approximate VS30 based upon
topography of the region of interest.
I introduce an alternative approach to obtain near-surface wave speeds using bodywave polarization. Note that the term polarization has been used in the literature to
describe two different directions, one associated with the particle motion, and another
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associated with the incident wave direction. In this Chapter, I use the terminology
to indicate the particle motion. polarization of body waves is typically used to study
anisotropy, for example, Schulte-Pelkum et al. (2001) and Fontaine et al. (2009) have
used P-wave polarization to constrain upper mantle anisotropy, while Cristiano et al.
(2016) have examined similar data sets to study upper crustal anisotropy. On the other
hand, Hu et al. (1994) have investigated shallow isotropic structure based upon perturbations in the incident wave direction. Finally, the amplitude of P receiver functions
at zero time is directly related to the polarization of P waves, and has been used to infer near-surface shear wave speed (Svenningsen & Jacobsen, 2007; Hannemann et al.,
2016).
The polarization analysis presented in this Chapter has multiple advantages compared to previous methods. It requires minimal computation resources and can be
applied wherever three-component seismometers are installed. The technique is noninvasive, and thus, opens a new path to a reliable earthquake hazard assessment in any
environment where drilling or a field experiment using vibro-trucks or explosives is not
a practical option for measuring the near-surface seismic wave speeds. I apply the new
approach to the High-Sensitivity Seismograph Network in Japan (Hi-net; Okada et al.,
2004), where the results are benchmarked against the borehole well data available at
most stations.

88

Chapter 4. Near-Surface Wave Speeds

4.1

Method

I first seek a relationship between the seismic wave speed and the polarization directions
of incoming body waves. I show that the polarization directions of teleseismic P waves
observed at the surface are sensitive only to shear wave speed, while those of S waves are
sensitive to both compressional and shear wave speeds. Based on this formulation, the
best-fitting compressional and shear wave speeds near the surface can be obtained by a
grid search, and the bootstrapping of the data allows their uncertainties to be quantified.

4.1.1

Polarization of P and S Waves

When a body wave arrives at a seismic station located at the Earth’s surface, the interaction of the incident wave with the free surface generates reflected and converted waves,
and the combined particle motions of both incident and reflected/converted waves are
recorded by the seismic instrument. The expression of particle motion can be derived
for P and S wave incidences using free-surface boundary conditions (Aki & Richards,
2002). I can then retrieve the relationship between the observed polarization directions
and the near-surface wave speed.
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P-Wave Polarization

The total displacement, uP , arising from the up-going (incident) P wave traveling in the
x-z plane (z = 0 at the free surface and z increases downward; Figure 4.1), is a function
of x, z, and time t, and can be written as,
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,

where U P is the incident amplitude, θ and φ are the angles of the P and S ray paths from
the vertical, respectively, i is the imaginary number, ω is the angular frequency, α and
β are the compressional and shear wave speeds of the surface layer, respectively, and
Ṕ P̀ and Ṕ S̀ are the P-to-P and P-to-S reflection coefficients, respectively, at the free
surface (Figure 4.1a). The symbols x̂ and ẑ denote unit vectors in the x and z directions.
The first term on the right hand side of Equation 4.1 describes the motion due to the
incoming P wave while the second and third terms correspond to the reflected P and S
waves.
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Figure 4.1: Geometry of the incident, reflected, and observed particle motions for incident (a) P and (b) S waves at a station (triangle). The particle motion or polarization
directions are shown by arrows for P (blue), S (red), and apparent direction (purple).
The angles θ and θ̄ correspond to the incident and the apparent polarization directions of
the P wave, respectively, measured from the vertical (dashed line). Similarly, the angles
φ and φ̄ correspond to the wavevector directions perpendicular to the particle motions
of the incident and the apparent polarization of S wave, respectively, measured from the
vertical.
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A seismic station at the surface (z = 0) reduces Equation 4.1 to
uP (x, 0, t) = U P exp [iω (px − t)] ·
nh
i
h
i o
(1 + Ṕ P̀ ) sin θ + Ṕ S̀ cos φ x̂ + (−1 + Ṕ P̀ ) cos θ − Ṕ S̀ sin φ ẑ ,
where p is the ray parameter, and the relationship between the angles θ and φ, the speeds
α and β, and the ray parameter p is described by the Snell’s law,

sin θ
α

=

sin φ
β

= p.

Based upon the above equation, the angle of the apparent polarization with respect to
the vertical, θ̄ (Figure 4.1a), can be derived as

tan θ̄ =

(1 + Ṕ P̀ ) sin θ + Ṕ S̀ cos φ
(1 − Ṕ P̀ ) cos θ + Ṕ S̀ sin φ

.

(4.2)

The reflection coefficients Ṕ P̀ and Ṕ S̀ are determined using the free-surface boundary
condition so that (Aki & Richards, 2002),

Ṕ P̀ =

−A + B
A+B

and

Ṕ S̀ =

C
,
A+B

(4.3)

where

A=

1
− 2p2
β2

2
,

cos θ cos φ
,
B = 4p
α
β
2

and

cos θ
C = 4p
β




1
2
− 2p .
β2

Substituting Equation 4.3 simplifies Equation 4.2 as

tan θ̄ = tan 2φ,

(4.4)
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which leads to a remarkable outcome,

θ̄ = 2φ.

(4.5)

Equation 4.5 implies that the observed polarization direction of P wave is not a function
of the incident angle θ, but exactly two times the angle φ of reflected S wave. This result
was derived by Wiechert (1907) where he emphasized that the typical approximation
of θ̄ as θ is not valid. He showed that a P wave with 90◦ incidence, i.e., horizontal
incidence, is polarized at 70◦ (θ̄ = 70◦ ), for surface speeds with β 2 = α2 /3 or Poisson’s
ratio of 0.25, and demonstrated that this can lead to mislocation of earthquakes, i.e.,
locating the earthquakes at depth rather than near the surface.
This result can be extended to analyze the near-surface wave speed if the ray parameter of the incident wave is known. Using the Snell’s law, Equation 4.5 can be written
as

θ̄ = 2 arcsin(β p).

(4.6)

The apparent polarization angle of the P wave, therefore, is purely controlled by the
shear wave speed beneath the station, not the compressional wave speed. The shear
wave speed can be measured with the apparent polarization angle of the P wave as

sin φ
β=
=
p

sin

 
θ̄
2

p

,

(4.7)
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which was also recognized by Svenningsen & Jacobsen (2007).

S-Wave Polarization

While the incident P wave always generates both reflected P and S waves regardless of
the incident angle θ or the ray parameter p, this is not the case for the incident S wave.

Only when the ray parameter is smaller than the critical value p = α1 can conversions
of S to P wave occur. Beyond the critical value, total internal reflection generates only
a reflected S wave. Here, I consider the case of a small ray parameter below the critical
value, which is applicable to observations of teleseismic S wave arrivals.
Similar to Equation 4.1, the total displacement, uS , arising from the incident SV
wave in the x-z plane is written as,

S



S



u (x, z, t) = U (cos φ x̂ + sin φ ẑ) exp iω


S

+ U (sin θ x̂ + cos θ ẑ)Ś P̀ exp iω


S

+ U (cos φ x̂ − sin φ ẑ)Ś S̀ exp iω

sin φ
cos φ
x−
z−t
β
β





sin θ
cos θ
x+
z−t
α
α





cos φ
sin φ
x+
z−t
β
β

(4.8)


,

where U S is the amplitude of the incident SV wave, Ś P̀ and Ś S̀ are the S-to-P and
S-to-S reflection coefficients at the free surface, respectively (Figure 4.1b). The particle
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motion at the surface becomes
uS (x, 0, t) = U S exp [iω (px − t)] ·
nh
i
h
i o
(1 + Ś S̀) cos φ + Ś P̀ sin θ x̂ + (1 − Ś S̀) sin φ + Ś P̀ cos θ ẑ ,
and the apparent polarization can be characterized with an angle φ̄, defined to be perpendicular to the particle motion (Figure 4.1b). Using the ratio of vertical to horizontal
motion,

tan φ̄ =

(1 − Ś S̀) sin φ + Ś P̀ cos θ
(1 + Ś S̀) cos φ + Ś P̀ sin θ

.

(4.9)

The reflection coefficients Ś S̀ and Ś P̀ can be computed using the wave speeds α and β,
the angles θ and φ, and the ray parameter p such that

Ś S̀ =

A−B
A+B

and

Ś P̀ =

D
,
A+B

(4.10)

where
cos φ
D = 4p
α




1
2
− 2p ,
β2

with expressions of A and B given in Equation 4.3 (Aki & Richards, 2002).
Substituting Equation 4.10 simplifies Equation 4.9 as

tan φ̄ =

tan φ tan 2φ
.
tan θ

(4.11)
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This expression shows that the apparent S-wave polarization depends on both angles θ
and φ, implying that the angle φ̄ is controlled by both the compressional and shear wave
speeds beneath the station. For a given ray parameter p, Equation 4.11 can be rewritten
as
p
2β 2 p 1 − α2 p2
tan φ̄ =
,
α(1 − 2β 2 p2 )

4.1.2

"

#
p
2β 2 p 1 − α2 p2
φ̄ = arctan
. (4.12)
α(1 − 2β 2 p2 )

and thus,

Measurement of Polarization

Polarization, the direction or particle motion, is a robust quantity, since it is relatively
insensitive to errors in source location and origin time compared to more conventionally
measured quantities such as travel time. For example, a 50-km error in the source location leads to only about 0.1% error in the polarization, while causing about 5% error in
the travel time (Hu et al., 1994). Likewise, a few seconds error in the origin time does
not affect the polarization as long as the arrival is identified, whereas it maps entirely
into the travel time.
A variety of time and frequency domain algorithms have been developed to measure
the polarization from three-component seismic recordings (e.g., Flinn, 1965; Montalbetti & Kanasewich, 1970; Samson & Olson, 1981; Christoffersson et al., 1985; Vidale,
1986; Magotra et al., 1987; Lilly & Park, 1995; Wagner, 1997). I use the Principal
Component Analysis (PCA; Pearson, 1901) in the time domain to calculate the apparent
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polarization angle. Three-component seismograms of the body-wave arrival projected
onto the vertical-radial plane can be written as an N by 2 matrix X = [q, r] where
the column vectors q = (q1 , · · · , qN )T and r = (r1 , · · · , rN )T contain demeaned and
discretized vertical and radial time series data, respectively, with the subscript and superscript T indicating the time and the transpose, respectively. The matrix X represents
the data within the time window of length (N − 1)dt, where dt is the sampling interval.
The particle motion is given by the eigenvectors of the covariance matrix defined as

C=



T
T
XT X
1  q q q r 
=

.
N
N
T
T
r q r r

The two eigenvalues λ1 and λ2 (λ1 > λ2 ) and eigenvectors v1 and v2 are determined by

(C − λl I)vl = 0,

with

l = 1, 2,

(4.13)

where I and 0 are a 2 by 2 identity matrix and a 2 by 1 zero column vector, respectively.
The eigenvector associated with the largest eigenvalue, v1 = (v11 , v12 )T , represents the
major particle motion direction, i.e., the polarization direction, for P waves. For the
S-wave incidence, v2 = (v21 , v22 )T represents the normal vector to the particle motion
(Figure 4.1b). Consequently, the angles θ̄ and φ̄ are measured as,

θ̄ = arccos

v11
|v1 |




and

φ̄ = arccos

v21
|v2 |


.

The covariance matrix C is usually well-conditioned, since the noise in each of the three
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components is not correlated (Jurkevics, 1988). PCA is, therefore, extremely robust and
efficient.

4.1.3

Estimation of Near-Surface Compressional and Shear Wave
Speeds

The ray parameter of P or S wave can be computed for a given station and earthquake
geometry based upon, for example, a one-dimensional Earth model, and polarization of
P and S waves at the station can be modeled in terms of compressional and shear wave
speeds using Equations 4.6 and 4.12. In order to find the compressional and shear wave
speeds that best-fit the observed polarization data, I define misfit as
M
P

f (α, β) =

2
wiP [θ̄i (α, β) − θ̄iobs ]2 + wiS [φ̄i (α, β) − φ̄obs
i ]

i=1
M
P

,
wiP

+

(4.14)

wiS

i=1

where θ̄i and θ̄iobs are predicted and observed apparent incidence angles of the P wave
from the ith earthquake, respectively, φ̄i and φ̄obs
i are the ith prediction and measurement
of S polarizations, respectively, and the summation is over all M earthquakes. The
weighting factors wiP and wiS are assigned based on the quality of the measurement.
Since there are only two parameters, i.e., compressional and shear wave speeds,
and the calculation of the misfit (Equation 4.14) is fast, a grid search is suitable for
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finding the best-fitting wave speeds. Moreover, the effectiveness in the computation
enables one to perform the grid search for hundreds of randomly resampled data sets,
i.e., bootstrapping (Efron, 1992). This provides a collection of parameter values with
good fits to the observations, from which the final estimates of the wave speeds and their
uncertainties are obtained.

4.2

Data

In order to demonstrate the robustness and effectiveness of the new technique for obtaining the near-surface wave speeds, I apply the method to the Hi-net recordings of
teleseismic earthquakes. A unique advantage of the Hi-net is its dense coverage with
more than 700 three-component seismic stations located throughout Japan (Figure 4.2a).
Comparison of the wave speed estimates between the stations provides constraints on
the lateral variation in near-surface wave speeds that can be compared against features
such as topography. Another advantage of the Hi-net is that the local wave speeds at
most of the stations have been documented by vertical seismic profiling (Obara et al.,
2005), which can be used as benchmarks.
The Hi-net data are available through the National Research Institute for Earth Science and Disaster Resilience (NIED) of Japan (http://www.hinet.bosai.go.jp). For the
analysis, intermediate and deep earthquakes, i.e., events deeper than 60 km, with Mw
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Figure 4.2: (a) Distribution of the Hi-net stations (orange triangles) plotted on a topography map based on ETOPO2 (National Geophysical Data Center, 2006). (b) Distribution
of the intermediate and deep events (green circles) at teleseismic distances with respect
to the Hi-net (yellow triangle).

greater than 6, which occurred between 2004 January and 2016 April in the teleseismic
distance range of 30 to 90 degrees are considered (Figure 4.2b). The depth criterion is
set to ensure that the depth phases do not arrive within the direct phase time window.
Regional events are excluded since the error in the earthquake location can introduce
significant uncertainty in the predicted ray parameter values. Based on the USGS National Earthquake Information Center (NEIC) catalog, these selection criteria result in
234 events. The data are corrected for the amplification factor, as provided by NIED as
the sensor sensitivity, so that each of the three components has the same scaling, and for
the misorientation if there is any. Data with signal-to-noise ratio (SNR) less than 2 are
discarded, i.e., the weight wiP or wiS is set to zero, and the signal window is defined to
be 5 seconds from the P and S onsets and the noise window is set to be between 10 and
100
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Figure 4.3: (a) Three-component velocity seismograms recorded at the SGOH station,
showing the teleseimic P-wave arrival from an Mw 6.9 event that occurred on July 21,
2014 at 71.2◦ from the station. The yellow shade indicates the 5-second time window used for the PCA. (b) The particle motion during the 5-second window shown in
(a). The PCA allows identification of the polarization direction (thick green arrow) and
measurement of the angle θ̄ from the vertical (dashed line).

5 seconds before the onset (Figure 4.3). There is no filtering of the data, and the onset is
automatically selected using the continuous wavelet transform algorithm (Bogiatzis &
Ishii, 2015). Robustness of each polarization measurement, wiP or wiS , is calculated by
the amount of the total variance in the data explained by the major particle motion direction v1 , i.e.,

λ1
.
λ1 +λ2

Note that the data used in this Chapter are velocity seismograms

and not displacement, but the polarization direction remains the same for either case.
The numbers of P and S measurements made at each Hi-net station differ, depending on the quality of the data (Figure 4.4). At most stations, more P measurements are
available with higher quality than S measurements, since P arrivals are often clearer
than S arrivals. As the ray parameter increases, the apparent P-wave angle, θ̄, increases
(Equation 4.6), while the apparent S-wave angle, φ̄, either increases or decreases de101

Chapter 4. Near-Surface Wave Speeds

40

θ̄(º)

0.8

0

6

7

p (s/º)

8

9

0.9

20

0.7

-20

1

(b)

40

0.9

20

-40
5

60

1

(a)

φ̄(º)

60

0.6

0.8

0

0.7

-20
-40
10

12

p (s/ º)

14

16

0.6

Figure 4.4: Measured (a) P- and (b) S-polarization angles (colored circles) at station
KAWH. The data are shown as a function of theoretical ray parameter calculated using
IASP91 (Kennett & Engdahl, 1991). The colors represent the quality of each measure1
. The black solid line and the shade are the predicted angles using the wave
ment, λ1λ+λ
2
speeds of 4.1±0.2 km/s for P and 2.7±0.1 km/s for S based on Equations 4.6 and 4.12.

pending on the compressional and shear wave speeds (Equation 4.12). One of the main
source of the scatter around the trend is the noise in the data, which accounts for about 4
and 8◦ scatter for P and S measurements, respectively. Also note that for S waves, high
SNR does not necessarily guarantee a good quality SV signal, since the S signal window
consists not only of the SV wave but also of P coda and SH wave. This contributes to
the larger scatter in S measurements compared to P measurements.
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4.3

Results

For each Hi-net station, a grid search is performed using Equation 4.14 with ray parameters computed from the 1-D reference model IASP91 (Kennett & Engdahl, 1991).
Compressional and shear wave speeds are searched from 50 m/s to 7 and 5 km/s, re√
spectively, with 50-m/s increment, while imposing an additional constraint β ≤ 3α/2
(Figure 4.5a). This condition ensures the shear and bulk moduli to be positive such that
dilatational and shear energy are positive (Aki & Richards, 2002). This grid search takes
only about a couple of seconds with a single 2.66-GHz core, which permits one to execute a bootstrapping analysis, and repeating the grid search for 500 randomly resampled
data sets allows the examination of the distribution of each wave speed (Figure 4.5b
and c). The mean and standard deviation from bootstrapping are taken to be the final
compressional and shear wave speed estimates and their uncertainties. Note that stations
that do not have a global minimum solution within the search area, i.e., the estimates
at the lower or upper bound (50 m/s or 7 and 5 km/s for compressional and shear wave
speeds, respectively), are not included in the results shown below.
The shear wave speed is better constrained than the compressional wave speed,
and its estimates for the Hi-net stations range from 0.1 to 4 km/s, with the average of
1.7±0.1 km/s (Figure 4.6a). These are tightly-constrained values, where about 71%
of them have uncertainties below 0.1 km/s and 96% below 0.2 km/s (Figure 4.6b). In
contrast, the average uncertainty of the compressional wave speed estimates is 0.7 km/s,
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Figure 4.5: (a) √
Grid search result for station KAWH. The gray dashed line marks the
constraint β ≤ 3α/2, and the upper trapezoid region above this line is the search area
with the contours showing the misfit. A global minimum is marked by a red cross. (b)
and (c) The distribution of compressional (b) and shear (c) wave speeds obtained by
bootstrapping. The grid search is performed on 500 randomly resampled data sets. The
mean value (dashed line) is taken as the final wave speed estimate and used to obtain the
black solid lines in Figure 4(a) and (b). The standard deviation is used as the uncertainty
estimate.

markedly larger than that of the shear wave speed estimates (Figure 4.7b). The compressional wave speed estimates range from 0.5 to 6.9 km/s with the average of 3.2±0.1 km/s
(Figure 4.7a), which, when combined with the average shear wave speed estimate, corresponds to a Poisson’s ratio of 0.30±0.04. This value is higher than the typical value
of about 0.25 (e.g., Christensen, 1996; Gercek, 2007), suggesting that the estimates are
sampling the shallowest and least consolidated parts of the crust (e.g., Stokoe & Woods,
1972). Both compressional and shear wave speed estimates exhibit a similar spatial pattern, with a correlation coefficient of 0.50. The corresponding p-value of the correlation,
i.e., the probability of getting a correlation as large as 0.50 by random chance when there
is no correlation, is practically zero, confirming the statistical significance of the correlation between the two quantities, despite the large uncertainty in the compressional wave
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speed estimates.

4.4

4.4.1

Discussion

Length of the Time Window

A factor that can affect the estimates of the wave speeds is the length of the time window
used for the PCA. In order to investigate the effect, I repeat PCA with a 1-second window using the recordings from the station KAWH and compare against the polarization
measurements with the 5-second window presented in Figure 4.4. The 1-second window
improves the quality of each measurement; the means of measurement robustness wP
and wS increase from 0.90 to 0.95 and 0.88 to 0.91, respectively. This is expected since
there are fewer scattered or converted phases arriving within the shorter time window.
Even though each measurement has higher quality, the number of total measurements
decreases significantly, from 214 to 156 for the P angle and from 102 to 83 for the S
angle. The events that have been discarded have emergent arrivals where the amplitude
is small within the 1-second window leading to SNR lower than 2. Furthermore, some
emergent arrivals having SNR over 2 give inconsistent angles, resulting in larger scatter
than with the 5-second measurements (Figure 4.8). This is particularly evident for the S
waves, where the measured angles cover almost all possible values, i.e., -90 to 90◦ . This
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Figure 4.6: (a) Shear wave speed estimates where each colored circle corresponds to an
estimate for one of the Hi-net stations. Red is slow and blue is fast, and the estimates
range from 0.5 to 3.5 km/s. (b) Same as (a) except that the color of each circle represents
the uncertainty estimate at each station. (c) Same as (a) except that the map is for the
well measurement (Obara et al., 2005). The color bar has the same scale as in (a).
The inset shows an example of well data, i.e., the compressional (solid line) and shear
(dashed line) wave speeds from the surface to the borehole instrument at station HYSH
(modified from Obara et al., 2005). (d) The scatter plot between the shear wave estimates
and the well values. Black solid line is the linear regression line and the gray dashed
line is the 1:1 line.
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107

Chapter 4. Near-Surface Wave Speeds

40

θ̄(º)

60

0.9

20

0.8

0

6

7

p (s/º)

8

9

1

(b)

0.9

30

0.7

-20
-40
5

90

1

(a)

φ̄(º)

60

0
30

0.7

-60
-90
10

0.6

0.8

12

p (s/ º)

14

16

0.6

Figure 4.8: Same as Figure 4.4 but the length of the time window for PCA is 1 second.
The red dashed lines are the predicted angles using the best fit wave speeds of 4.7 and
2.1 km/s for P and S waves, respectively. The black solid lines are the same as the black
solid lines from Figure 2.8. Note that the range of the vertical axis in (b) is significantly
larger than that of Figure 4.4(b).

large scatter in S measurements is attributed to other phenomena, such as shear wave
splitting due to anisotropy. This effect has significant consequences for the S arrival
time picks; since the S arrivals are picked using both horizontal components, if the SH
phase arrives earlier, the 1-second window would miss a significant part of the SV phase
arrival, and result in an apparent polarization angle that deviates substantially from the
correct value.
The large scatter in the collection of S-wave polarization angles makes it difficult
to identify any trend as a function of ray parameter, and leads to unreliable estimation
of compressional wave speed; the value inferred from these measurements is 4.7 km/s,
while the estimate using the 5-second analysis window is 4.1 km/s. On the other hand,
the shear wave speed estimate, which is constrained by both P and S measurements,
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remains the same as 2.7 km/s regardless of the analysis window duration. This demonstrates that the P measurements are not affected by the choice of the time window, and
effects due to scattered or converted phases arising from the structure beneath or around
the station does not contribute significantly to the measured P angles. One of the largest
among these phases is the P to S converted wave from the Moho, which arrives at about
3 or 4 seconds after the P onset time for a typical crustal structure relevant for most
stations in Japan. However, its amplitude relative to the main phase is small, and its particle motion direction is nearly orthogonal to the main phase. As a result, it decreases
the weighting factor, wP , but does not alter the principal component direction. Note that
S to P converted phases do not affect the S measurements either, since they arrive earlier
than the main phase and most of their energy is not captured in the analysis time window
that starts from the S onset. Even if they partially arrive within the time window, the
motion is orthogonal to the main S motion and does not affect the S angle measurements
significantly. I choose the longer time window that stabilizes the analysis and ensures
the main arrivals to be present for the PCA.

4.4.2

Ray Parameter Assumption

Next, I examine the assumption that the ray parameter is a theoretical value based on
IASP91 (Kennett & Engdahl, 1991). There are two aspects that can be tested: the
dependence of the ray parameter on the chosen 1-D reference model and the deviation
from the reference 1-D model. To address the former, I compare results from two widely
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used 1-D reference models: IASP91 and PREM (Dziewoński & Anderson, 1981). The
maximum absolute differences in the ray parameter values for P and S waves are 0.02
and 0.10◦ /second, respectively. This translates to the differences of about 0.1◦ for both
P and S measured angles, which are negligible compared to the scatter in the observed
angles and their uncertainties.
The other aspect is the difference in the predicted ray parameter due to the local
1-D structure, i.e., the near-surface wave speeds are not described well by global 1-D
models. Theoretically, if the wave speed at the top layer differs from the reference
1-D model value, the ray parameter should be altered for given earthquake depth and
distance. The magnitude of the difference increases as the deviation of the wave speed
structure from the 1-D model increases. In order to understand the upper limit of the
change in the ray parameter, I test for an unrealistic case of extremely thick low speed
layer, where the surface layer has compressional and shear wave speeds of 0.10 and
0.05 km/s, respectively, with the thickness of the layer reaching 10 km. For all possible
values of earthquake depths and distances, the maximum absolute difference in the ray
parameter for P and S waves are 0.003 and 0.010◦ /second, respectively, which are an
order of magnitude smaller than the effect due to different reference models. Hence, the
dependence of the ray parameter on the local structure is insignificant. It is important,
however, to note that the ray parameter can also be affected by the wave speed structure
along the path deviating from the 1-D model. Combining data from different distances
and azimuths helps averaging out such 3-D effect. Nevertheless, I acknowledge that
with uneven data coverage, the issue requires further study.
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4.4.3

Effect of Anisotropy

Existence of faults, fractures, and tectonic stresses in the crust induces azimuthal anisotropy,
i.e., wave speeds vary as sinusoidal functions of backazimuth (e.g., Backus, 1965;
Crampin et al., 1982). In the presence of anisotropy, the near-surface wave speed estimates would be robust average isotropic wave speeds, if they are based on polarization
measurements from all backazimuths. In the case of uneven backazimuthal coverage
as shown in Figure 4.2(b), however, the effects of anisotropy can bias wave speed
estimates. I examine this potential bias using the average compressional and shear
wave speed estimates, i.e., 3.2 and 1.7 km/s, respectively, and the range of azimuthal
anisotropy in the crust of 5 to 20% (e.g., Daley & McEvilly, 1990; Aster & Shearer,
1991; Coutant, 1996; Peng & Ben-Zion, 2004; Liu et al., 2005; Boness & Zoback,
2006). The fast direction is assumed to be in the east-west direction (e.g., Kaneshima,
1990), and the predicted compressional and shear wave speeds at each backazimuth
are calculated based on the sinusoidal function with the 180◦ periodicity (e.g., Backus,
1965). By averaging these wave speeds for the uneven backazimuthal coverage, “azimuthally biased” wave speed estimates are obtained and compared with the input average isotropic wave speeds. The biases in the wave speeds range from 0.02 to 0.08 km/s
for P and 0.01 to 0.04 km/s for S wave, smaller than the average uncertainties of 0.7 km/s
for P and and 0.1 km/s for S wave speed estimates. Thus, the effect from anisotropy is
within the uncertainty of wave speed estimates, even if a strong (20%) anisotropy is
assumed.
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Figure 4.9: Residuals of (a) P- and (b) S-polarization angles (colored circles) at station
KAWH. Similar to Figure 4.4 but the residuals are plotted against the backazimuth. The
gray dashed line marks zero degree.
Existence of local anisotropy can also be investigated by examining the backazimuthal dependence of the apparent body-wave polarization measurements. When the
residuals, i.e., the difference between the observed and the predicted polarizations, are
examined as a function of backazimuth, however, I do not observe systematic variation
(Figure 4.9), which confirms that anisotropy is difficult to detect from the given data.
Nevertheless, with better quantity and quality of data, the technique presented in this
manuscript can be extended to examine local shallow anisotropy structure.

4.4.4

Comparison to the Benchmark Measurements

In order to check the validity of the estimates obtained by the method presented in this
Chapter, the results are compared against the well measurements at the instrument depth
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(inset of Figure 4.6c). The shear wave speed estimates using teleseismic wave arrivals
are in good agreement with the borehole measurements with a correlation coefficient
of 0.62 (Figure 4.6c and d), and the corresponding p-value of nearly zero (< 10−60 ),
verifying the statistical significance of the correlation between the two quantities. My
estimates are slightly lower than the well values such that the mean of the difference,
i.e., <estimate−well>, is −0.1±0.1 km/s, and the magnitude of the underestimation is
consistent with that predicted from the synthetic test for instruments at some depths (See
Figure C.1 in Section C.1). The underestimation is more pronounced at wave speeds
below 1.5 km/s, resulting in the best-fitting linear regression with a positive intercept,
0.61±0.10 km/s, and the slope of 0.67±0.06. Given that the 95% of the benchmarked
wave speeds are measured at depths less than 500 m, and more than half at about 100 m,
this comparison demonstrates the efficacy of the new technique in recovering the shear
wave speed at these shallow depths, i.e., less than a kilometer.
For the compressional wave speed estimates, the comparison to the well data provides a linear trend with a slope of 0.13±0.10 (Figure 4.7). The slope is considerably
lower than unity because the variance in the estimates is larger than that of the well
measurements, also resulting in a low correlation coefficient of 0.12. However, the correlation between the estimates and the well values is statistically significant, where the
p-value for the correlation for this number of data is 0.002. The difference between
the compressional wave speed estimates and the well values, i.e., (estimate−well), has
an average of −0.4±0.1 km/s. The overall underestimation can be explained by the
borehole effect (See the discussion in Section C.1), which is also compatible with the

113

Chapter 4. Near-Surface Wave Speeds
magnitude of the underestimation being larger for the compressional than shear wave
speed. Nonetheless, the comparison to the benchmark demonstrates that the polarization measurements are effective in recovering the compressional wave speeds in the top
few hundreds of meters or less.

4.4.5

Correlation with Geological Features

Comparison of the lateral variations of the shear wave speed against topographic slope
on a log-log scale shows a positive correlation as reported by Wald & Allen (2007) (Figure 4.10a). This is a manifestation of the fact that materials of higher rigidity or wave
speed can support steeper slopes while the sedimentation process forms more horizontal
layers. The correlation implies that the use of the topographic gradient as a proxy to
approximate the shear wave speed in the top 30 m can be extended to deeper depths.
There are, however, high topographic areas with slow wave speeds, for example, in the
southwestern part of Japan. These regions correspond to volcanic zones (Global Volcanism Program, 2013), suggesting that the high heat flow (Tanaka et al., 2004) or the
presence of magma results in the low speeds. Stations within 25 km of a volcano have
wave speeds that are not statistically correlated with the gradient of topography (p-value
of 0.105; Figure 4.10a). Without the stations near volcanoes, however, the correlation
becomes more significant with the p-value of 0.001, and the regression analysis gives
a slope of 0.20±0.12. These results imply that the approximation of shear wave speed
based on the topography should take volcano locations into account for reliable hazard
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Figure 4.10: (a) Comparison between the shear wave speed estimates and the topographic slope based on ETOPO2 (distributed by National Centers for Environmental
Information) in log scale. The stations within 25 km from any volcano locations are
shown by black circles while the others are plotted as gray circles. The black and gray
dashed lines result from linear regression of black and gray data points, respectively. (b)
Comparison between the shear wave speed estimates and the basin depth derived from
the Japan Integrated Velocity Structure Model (Koketsu et al., 2012). Most instrument
depths are within the basin (black circles), while some are deeper than the estimated
basin depths (gray circles). The black dashed line shows the linear trend in the black
data points.

assessments (Matsuoka et al., 2006).
The shear wave speed estimates can also be compared to the basin thickness, another important parameter for seismic hazards. I use the Japan Integrated Velocity Structure Model (JIVSM; Koketsu et al., 2012), a 3-D seismic wave speed model that has been
constrained by various data sets such as refraction/reflection experiments, gravity surveys, and surface geology. Even though its depth resolution is lower than the well data,
it provides wave speed estimates to greater depths, down to the upper mantle. This allows comparisons of the wave speed estimates against the thickness of basins, the depth
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at which shear wave speed reaches the speed of the bedrock, i.e., about 3 km/s. The
basin thickness can be calculated for each Hi-net station location using the nearest grid
point of the JIVSM, which is as close as 1 km. When the thickness is compared to the
polarization-based shear wave speeds, there is a significant negative correlation with the
regression slope of −0.27±0.09 and the p-value of about 10−8 ; the thicker the sediment
layer, the lower the wave speed (Figure 4.10b). This is consistent with the expectation
that the thicker and more prominent basins contain finer grains with low speeds. The
correlation suggests that the shear wave speed and the basin depth share common information, i.e., ground motion prediction for sites without the basin depth information
can still be achieved reasonably as long as there is good knowledge of the shear wave
speeds.

4.5

Conclusions

I have introduced and implemented a new technique to estimate near-surface seismic
wave speeds based on body-wave polarization. Counterintuitively, P-wave polarization direction has no sensitivity to subsurface compressional wave speed but only to
shear wave speed. S-wave polarization direction, on the other hand, is sensitive to
both compressional and shear wave speeds. Combining the P- and S-polarization directions measured by principal component analysis, therefore, provides estimates of
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both P- and S-wave speeds at shallow depths, e.g., the top hundred meters. The polarization measurement and the wave speed estimation are computationally efficient,
providing tremendous opportunities to study near-surface seismic structures of different
parts of the world, some of which may be difficult to obtain using other computationallyintensive approaches such as noise correlation (e.g., Shapiro & Campillo, 2004) or invasive and expensive approaches such as well logging (e.g., Wu et al., 1994).
Application of the technique to the dense Hi-net array produces distributions of
near-surface compressional and shear wave speeds in Japan. The wave speed estimates
are consistent with the well data, demonstrating the effectiveness of the technique and
near-surface sensitivity. I find that the wave speed estimates correlate with the gradient
of topography, confirming that the topography can be used as a proxy for regions without sufficient seismic data. However, it is important to note that the sites near volcanoes
require a separate treatment. Furthermore, the basin thickness is also shown to correlate with the shear wave speed, which can help predict the ground motion in regions
without constraints on the basin thickness. For future studies, the technique introduced
here can be expanded to examine more complex seismic structure, such as anisotropy
beneath a station. Depth dependent wave speeds can also be studied by investigating the
frequency-dependence of the body-wave polarization measurements, where the higher
frequency data are sensitive to shallower depths. Furthermore, analyses of the data from
different time periods can help monitor the changes in subsurface seismic wave speed
over time.
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Upper-Crustal Structure Based on
Frequency-Dependent Body-Wave
Polarization
The complex geological and tectonic processes that occur at the Earth’s surface require a
good understanding of how the surface tectonics and geology extend to depth. Moreover,
the depth-dependent wave speeds are important for the assessment of seismic hazards.
The importance of knowledge on the wave speeds beyond VS30 has been recognized,
e.g., wave speeds at 100 m and greater depths and the depth of basins affects the site
amplification (e.g., Frankel et al., 2002; Park & Hashash, 2004). The depth-dependent
wave speed profile improves the site characterization, and is used as an input for ground
motion prediction equations (e.g., Boore et al., 1997). It is also crucial for earthquake
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early warning systems that require shaking predictions at various locations.
The depth-dependent wave speed near the surface has been investigated through
various methods. Well drilling (e.g., Levander et al., 1994; Wu et al., 1994) or field experiments using explosive or vibroseis (e.g., Choukroune, 1989) constrain near-surface
structure; however, they are expensive and limited in spatial coverage. Earthquake signals have also been utilized, both body waves such as P, S, Pn, and Sn phases (e.g.,
Ritzwoller et al., 2002; Liang et al., 2004; Schmandt & Lin, 2014), and surface waves
(e.g., Mitchell & Yu, 1980; Laske & Masters, 1996; Ritzwoller & Levshin, 1998). In
addition, ambient noise interferometry has provided crustal waves speeds (e.g., Lobkis
& Weaver, 2001; Shapiro & Campillo, 2004; Draganov et al., 2007; Brenguier et al.,
2008; Stehly et al., 2008; Nakata & Snieder, 2012).
Body-wave polarization, as demonstrated in Chapter 4, is effective at estimating
the near-surface wave speeds. In this Chapter, I extend the technique to consider the frequency dependence of the body-wave polarization. Since lower frequency waves sample
longer wavelengths than higher frequency waves, examining the body-wave polarization
at different frequencies provides insights into the depth-dependent wave speed beneath
a station. Depending on the analyzed frequency range, wave speeds near the surface to
the upper crust and beyond can be explored. I first investigate the connection between
the frequency dependence of body-wave polarization and wave speed estimates. The
approach developed in Chapter 4 is applied to broadband stations in Japan with data
filtered to different frequency bands. I then introduce a frequency-domain technique
that utilizes the amplitude and phase information of body-wave polarization to infer
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frequency-dependent wave speeds. The technique allows one to examine numerous frequency bands and evaluate body-wave polarization efficiently without requiring extensive filtering of the data. Based on the technique, near-surface to upper-crustal structure
of the continental United States is explored, and preliminary results are presented.

5.1

Method

Body-wave polarizations can be related to a wave speed near the surface as demonstrated
in Chapter 4 (Section 4.1.1), but the speed is a representative value, i.e., the averaged
wave speed over a depth range that the data are sensitive to. The sensitivity depth range
is governed by the wavelength of the data, where the lower the frequency (consequently,
longer the wavelength), the greater the depth over which the wave speed is sampled.
If the wave speed structure beneath a seismic station is homogeneous, the wave speed
estimate is identical regardless of the frequency or wavelength. However, the shallow
subsurface typically consists of layers with increasing speed with depth, and the high
frequency (or short wavelength) data should yield a low wave speed estimate representative of the shallow part, while the low frequency (long wavelength) data should give a
higher wave speed estimate, the average over a wider depth range (Figure 5.1). Therefore, by examining the frequency dependence of the polarization measurements, one can
constrain the depth-dependent wave speed beneath a station.
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Low V

High V

Figure 5.1: Illustration of the frequency dependence of wave speed estimate. The structure beneath seismic stations (triangles) consists of three layers: low (red), medium
(green), and high (blue) wave speeds from top to bottom. The low (left), medium (center), and high (right) frequency waves are shown as sinusoids, with the green, yellow,
and red colors representing the high, medium, and low wave speed estimates they provide from the polarization measurements, respectively.

I present two different approaches to evaluate frequency-dependent body-wave polarization. One is to apply the technique introduced in Chapter 4 (Section 4.1; Park
& Ishii, 2018) to data sets that are filtered to different frequency bands. The other
approach is to utilize both the amplitude and phase information using the Fourier transform of a given data set. Based on the frequency-dependent polarization measurements,
wave speed estimates are obtained at various frequencies, which are then translated into
depth-dependent wave speed estimates.
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5.1.1

Measurement of Frequency-Dependent Polarization

Approach I: Time-Domain Analyses

In Chapter 4, the Principal Component Analysis (PCA; Pearson, 1901) in the time domain was used to measure body-wave polarizations. A straightforward way to evaluate
frequency-dependent polarizations is to repeat the time domain PCA for various frequencies. Rather than using raw data as in Chapter 4, one can filter the data to different
frequency bands prior to the PCA. Applying the measurement scheme in Section 4.1.2
to filtered data sets results in polarization angle measurements for P and S waves as
functions of frequency from a single earthquake.

Approach II: Frequency-Domain Analyses

I introduce an alternative approach in the frequency domain. Suppose the Fourier transform of the vertical and radial particle motions in the time domain produces amplitude
AV (f ) and phase ΦV (f ) information for the vertical, and AH (f ) and ΦH (f ) for the radial component. For a given frequency f , the particle motion is described as an ellipse
with the vertical and horizontal trajectory,

UV (f, ϕ) = AV (f ) cos(ΦV (f ) + ϕ),
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UH (f, ϕ) = AH (f ) cos(ΦH (f ) + ϕ)
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Figure 5.2: Geometry of the particle motion at a given frequency for (a) P and (b) S
waves. The particle motion or polarization directions are shown by arrows for P (blue),
S (red), and apparent direction (purple). The angles θ̄ and φ̄ correspond to the apparent
polarization directions of the P and S waves, respectively, measured from the vertical.
The angle θ̄ corresponds to the direction of the dmax while φ̄ corresponds to the direction
perpendicular to the dmax .

respectively, where ϕ ∈ [0, 2π] (Figure 5.2). The major direction of the particle motion
can be determined by the orientation of the major axis of the ellipse, which correspond
to the point with the maximum distance from the origin. The distance from the origin
changes as function of ϕ,

d(f, ϕ) =

p
UV (f, ϕ)2 + UH (f, ϕ)2 ,

where the value ϕ∗ corresponds to the maximum distance, i.e.,

dmax (f ) = d(f, ϕ∗ ) = max (d(f, ϕ)).
ϕ∈[0,2π]
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For incident P and S waves, the apparent incident angles measured from vertical at
frequency f , i.e., θ̄(f ) and φ̄(f ), respectively, are

θ̄(f ) = arctan

UH (f, ϕ∗ )
UV (f, ϕ∗ )



UV (f, ϕ∗ )
φ̄(f ) = arctan −
UH (f, ϕ∗ )


,


,

(5.1)

where the S angle corresponds to the direction perpendicular to the major axis. If there is
no difference in the phases of vertical and radial components, i.e., ΦV (f ) = ΦH (f ), the
ellipse collapses into a line and the P and S angles are controlled solely by the amplitude
ratio AH (f )/AV (f ). Compared to Approach I, the frequency-domain analysis is more
efficient in computation, since it does not require multiple filtering and PCA.

5.1.2

Estimation of Frequency-Dependent Wave Speeds

For each frequency, the P and S-polarization angles, θ̄(f ) and φ̄(f ), are obtained through
either Approach I or II. Combining the angles from available earthquakes, one can use
the same misfit function introduced in Section 4.1.3 to find the best-fitting compressional and shear-wave speeds. The weighting factor for each polarization angle can be
calculated in the same manner, i.e., the amount of total variance in the data explained
by the major particle motion direction. This procedure results in frequency-dependent
estimates of P and S wave speeds.
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5.2

Data

In order to investigate the frequency dependence of the polarization measurements, the
above techniques are applied to F-net stations (Okada et al., 2004) in Japan. The 70
stations house three-component broadband instruments, allowing the data to be examined at various frequency bands. The same earthquakes used for the Hi-net analyses in
Chapter 4 are considered (Figure 4.2b), and the waveform data are downloaded from the
National Research Institute for Earth Science and Disaster Resilience (NIED) of Japan
(http://www.fnet.bosai.go.jp). The data are corrected for the instrument response and the
misorientation if they are available. Both of these factors are critical in the polarization
analysis as demonstrated in Chapter 6. Data with signal-to-noise ratio (SNR) less than
2 are discarded, where the signal and noise windows are defined in the same manner as
for the Hi-net analyses: 5 seconds from the P and S onsets and between 10 and 5 seconds before the onset, respectively. The onset is automatically selected by applying the
continuous wavelet transform algorithm (Bogiatzis & Ishii, 2015) to the unfiltered data.
Using the onset times, the frequency-dependent polarization angles are measured using
Approach I of Section 5.1.1. The data are filtered to three different frequency bands: 0.2
to 5 Hz, 0.5 to 5 Hz, and 1 to 5 Hz.
Another region of interest is the continental United States. It is covered by approximately four thousand broadband stations of the Transportable Array and the Reference
Network, with relatively uniform spacing of about 70 km (http://www.usarray.org; Fig-
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ures 5.3a and b). The uniform and dense station coverage is suitable for generating
a three-dimensional model of shallow (crustal) wave speed. In addition, the Flexible
Array data are available, consisting of high density of stations in different parts of the
United States (Figure 5.3c). The data from these stations are archived and made available at the Data Management Center operated by the Incorporated Research Institutions
for Seismology (IRIS). Some of the Flexible Array data are still under embargo, but
there are a large number of deployments already openly available through IRIS.
I analyze high-quality recordings from all earthquakes that meet the same criteria
as for the F-net, i.e., teleseismic intermediate and deep events (depth > 60 km) with
magnitude greater than 6. The number of events varies for different station locations
and operation time periods, but there are about a hundred events for a station located
near the center of the United States (Figure 5.3d). The U.S. data are corrected for instrument response and any existing misorientation. The P and S onsets are picked using
the same wavelet decomposition algorithm, and the data with SNR lower than 2 are
discarded. Frequency-dependent polarization angles are obtained using Approach II of
Section 5.1.1 with frequency between 0.2 and 5 Hz.
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Figure 5.3: (a) Map of the Transportable Array coverage over 11 years in the contiguous
United States. (b) Map of the Transportable Array in Alaska. (c) Map of the Flexible
Array where data are currently available (except for the SUGAR experiment). (d) Intermediate and deep earthquakes (green dots) at teleseimic distances from the central
United States (yellow triangle). The station maps (a-c) are from the USArray project
web page (http://www.usarray.org).
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5.3

Results and Discussions

5.3.1

Time-Domain Analysis Applied to the F-net Stations

I first test the significance of frequency dependence in body-wave polarization by performing straightforward time-domain analysis with filtered F-net data. For the station
AMM, the shear-wave speed estimates for the three frequency ranges, 0.25 to 5, 0.5 to 5,
1 to 5 Hz, are obtained (Figure 5.4). Note that I focus on shear rather than compressional
wave speed, since shear speed is better constrained (See Section 4.3 for discussion),
and hence, better suited for testing the frequency dependence. There is a considerable
change in the wave speed as a function of frequency. For the low frequency, the speed is
comparable with the IASP91 value, 3.36 km/s, which is an average value for the whole
upper crust from the surface to 20 km depth (Kennett & Engdahl, 1991). The wave
speed decreases as frequency increases, reaching a value of 1.7 km/s, the average of
the wave speed estimates obtained using the Hi-net stations in Chapter 4. The Hi-net
stations are comprised of short-period instruments with primary sensitivity between 1
and 10 Hz, and I expect the average speed from the Hi-net data to be close to the wave
speed obtained for the 1–5 Hz analysis from the AMM station. The observed increase
in wave speed with period is consistent with typical subsurface models where the speed
becomes higher at greater depth (Figure 5.1).
The analysis is expanded to the entire F-net stations, which generates maps of wave
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Figure 5.4: The shear-wave speed estimates (circles) for a broadband station AMM as a
function of the central frequency considered. The gray dashed line is the IASP91 value,
3.36 km/s, and the magenta dashed line is the average of the estimates for the Hi-net
stations, 1.7 km/s.
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Figure 5.5: The shear-wave speed estimates (circles) at the entire F-net stations for different central frequencies considered: (a) 1.7 (b) 0.9 (c) 0.5 Hz. (d) The distributions
(filled polygons) of the shear wave speed estimates and their average values (vertical
lines) for the three frequency bands with the lower bounds of 1.7 (red), 0.9 (yellow),
0.5 Hz (blue). Dashed vertical lines correspond to the average shear wave speed estimates for Hi-net stations (magenta), and the upper-crustal wave speed from IASP91
(gray).
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speed estimates at different frequencies (Figures 5.5a,b, and c). The three maps of
shear wave speeds are correlated with each other, and the average wave speed increases
as frequency decreases. This trend is illustrated in the distributions of the shear wave
speed estimates that are offset from each other (Figure 5.5d). For the central frequency
of 1.7 Hz, the average value and the lateral variations in the shear-wave speeds are
compatible with those obtained using the Hi-net data (Figure 4.6). For the frequency
of 0.5 Hz, the average speed is about 2.5 km/s, and some stations have wave speed
similar to or higher than the upper-crustal IASP91 value. These results demonstrate
that the teleseismic body-wave polarization information based upon broadband data can
constrain structure as deep as the top of the lower crust. It is noteworthy that there
are some stations that do not follow the overall trend of wave speed increasing with
decreasing frequency. This may represent seismic structure that is more complex than a
layered structure of increasing wave speed with depth, and requires further investigation.

5.3.2

Frequency-Domain Analysis Applied to the U.S. Stations

The F-net analysis confirms the significance of the frequency dependence of polarization
data, and its potential to constrain a depth-dependent wave speed model. Therefore, I
test and utilize the new frequency-domain technique which allows efficient examination
of wave speeds at various frequencies, using the broadband stations in the U.S. The 5second signal window is analyzed for each P and S arrival as in the time domain analysis,
with 1-second of cosine tapering at each end, i.e., a 7-second long signal is used. The
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(a)
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Figure 5.6: The shear-wave speed estimates (dots) for broadband stations (a) ANM, (b)
DHY, and (c) K22A in the U.S. as a function of the central frequency. The vertical axes
are in period, not frequency. Note that the scale of each horizontal or vertical axis is
different.

frequency resolution of the discrete Fourier transform is determined based on the time
sampling rate at each station, since fast Fourier transforms use a power of two that is
close to the length of the discrete signal. The amplitude and phase information at these
frequencies are used to estimate the compressional and shear wave speeds.
Preliminary results for three broadband stations, ANM, DHY, and K22A, are shown
in Figure 5.6. I examine the shear wave speed results which are better constrained than
for the compressional wave speed, and the frequency range between 0.2 and 1 Hz, where
most of the body-wave energy is concentrated. The first two stations ANM and DHY
are both part of the Alaska Regional Network (http://earthquake.alaska.edu/network),
located at the Anvil Mountain and Denali Highway, respectively, and the station K22A
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is part of the Transportable Array located near Casper, Wyoming. The ANM station exhibits shear wave speed that increases from about 0.5 to 1.3 km/s, as the central period
increases from 1 to about 3.5 seconds. The absolute wave speeds at the DHY station are
slower than that of ANM station, and increases from about 0.1 to 0.9 km/s for the same
change in the central period. The station K22A shows the slowest absolute wave speed
at all periods, with wave speeds mostly below 0.2 km/s. The difference in the absolute
wave speeds cannot be compared directly as the sampling depths are significantly different. Assuming the sampling depth for each frequency is about a single wavelength,
given by the product of the period and associated wave speed, ANM, DHY, and K22A
stations sample to depths of 4.5, 3.1, and 0.9 km, respectively. In other words, the wave
speed profile obtained at K22A station is comparable to only the top part of the profile
at station ANM, for the first 1 to 1.5 seconds.
The estimated wave speeds also show variations as a function of period. Station
DHY exhibits relatively abrupt increase from 1.2 to 1.7 seconds, which is not observed
at station ANM. This might correspond to a change in medium, e.g., from an unconsolidated sandy layer to a hard rocky layer. The wave speed at station K22A does not
increase monotonically with period, and has a minimum value at about 2.2 seconds. It
is likely that the seismic structure at K22A is more complicated than beneath the other
two stations, and includes a low-wave speed layer.
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5.4

Conclusions

In this Chapter, I have introduced frequency dependence to the body-wave polarization analysis. First, the significance of the frequency on the body-wave polarization
and resulting wave speed estimates are examined, by applying the time-domain analysis developed in Chapter 4 to filtered data. The F-net broadband stations indicate a
considerable change in the wave speeds at different frequencies. In order to investigate
the frequency dependence with more flexibility, a new frequency-domain technique is
implemented. The method utilizes the amplitude and phase information of the Fourier
transform of the vertical and horizontal signals to determine the polarization directions
of P and S waves at various frequencies. The technique is applied to the U.S. stations
and preliminary results at several sites exhibit distinct wave speed structures, including
in one case the possibility of a low-velocity layer.
Future work will focus on translating frequency-dependent wave speeds into depthdependent wave speed models. One can assume the sampling depth range is one wavelength for each frequency as discussed in Section 5.3.2. However, the assumption requires validation, considering that the conversion between frequency and depth involves
wave speed, i.e., the relationship between frequency and depth is nonlinear with respect to wave speed. In addition, the time window for the body-wave arrival can be
increased to explore lower frequencies, since the length of the time window sets the
lower bound on the frequency. Furthermore, the technique can be extended to constrain
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depth-dependent anisotropic structure by analyzing the azimuthal dependence, or temporal change in the structure by examining how the wave speed model changes when
data from different years are considered.

135

Chapter 6
Detection of Instrument Problems
Based on Body-Wave Polarization
There is no doubt that seismic recordings bring invaluable understanding on various subject matters such as Earth’s structure and earthquake processes. Therefore, it is crucial
to monitor the performance of seismic instruments and maintain them to a high standard
by identifying issues and documenting for the users. The user must examine the seismic
data and ensure the data quality, since blindly using problematic data may bias results
and lead to wrong interpretations.
One of the important factors in data quality is the gain (also referred as amplification factor) of instruments. If a research involves the absolute amplitude such as comparing the amplitude measurements from different stations, or combining more than
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one component recorded at a station, any issue in the gain of the instruments will bias
the analysis. Such analyses include estimation of earthquake magnitude (e.g., Veith &
Clawson, 1972; Kanamori, 1977; Bullen & Bolt, 1985) and absolute ground motions
(e.g., Boore & Joyner, 1982; Campbell, 1985; Douglas, 2001). Structural studies using
more than two components of a seismograph, such as receiver function (e.g., Langston,
1979), Rayleigh wave particle motion (e.g., Boore & Toksöz, 1969), and shear-wave
splitting (e.g., Ando et al., 1983; Silver & Chan, 1991) analyses are also affected by
instrument response issues.
There are various mechanical and electrical methods to estimate the gain of an instrument. Mechanical approaches include using a reference sensor with known response
installed next to the sensor being tested and compare their recordings (e.g., Pavlis &
Vernon, 1994), or imposing a step-function type motion to the sensor and examine the
recorded signal (Bormann, 2012). The approach using a reference sensor requires both
the reference sensor and the input signal to cover similar frequency ranges to that of
the inspected sensor, and noise within the inspected and the reference sensors to be low.
Applying a known signal such as a step-function like displacement, e.g., of 1 mm, to
the sensor and examining the recorded output is a straightforward method to assess the
instrument response, however, is not trivial to impose the input displacement that is
accurate without any tilt (Havskov & Alguacil, 2004). Electrical methods use a calibration pulse that is either impulsive (MacArthur, 1985) or broadband (MacWilliams &
Sloane, 1976; Berger et al., 1979). These methods generate electronic current within
the instrument instead of mechanical input, and thus, do not require physical access to
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the instrument which is difficult to achieve for remote sensors, e.g., borehole or oceanbottom sensors. The calibration can be performed as frequently as necessary, and the
pulse is usually generated daily. However, the electrical methods cannot detect problems that are related to the conversion between the mechanical input and the current
(e.g., Wielandt, 2002; Havskov & Alguacil, 2004).
In this Chapter, I introduce a new method that can not only inspect the instrument
remotely and frequently but also utilizing a mechanical input, i.e., the body-wave polarization. Note that the term polarization here means the particle motion rather than
the incident wave direction, as in Chapter 4. By examining the particle motion in the
three components at the same time, one can identify components with anomalous amplification. The method is advantageous in that it does not require a direct access to
the instrument and, thus, suitable for difficult-to-access instruments such as borehole
and ocean-bottom sensors. Moreover, it can monitor the instrument with respect to time
based on recurring earthquakes and reliably identify time ranges when the instrument
had problems. Here, I apply the new approach to the High-Sensitivity Seismograph
Network in Japan (Hi-net; Okada et al., 2004) which are borehole stations.
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6.1

Method

The particle motions of the teleseismic P and S waves arriving at a station depend upon
the geometry between the earthquake and the station, and the local near-surface wave
speed structure (Chapter 4; Park & Ishii, 2018). The apparent incident direction for
teleseismic P wave is between 10 to 30◦ from the vertical, and that for the S wave is 10
to 40◦ from the horizontal direction. While the azimuthal direction of S wave motion
depends on source mechanisms and can be complicated due to anisotropy (e.g., Silver
& Chan, 1991), those for P waves align close to the backazimuth.
Since the body wave arrivals have finite vertical and horizontal angles, one can examine the particle motion to identify any issue in the relative gain of a three-component
instrument. For example, if the gain of the vertical component is abnormally low, particle motions will be recorded as nearly horizontal motions. However, such anomalous
observations can also be caused by other factors such as noise in the data, rather than
a problem with the instrument. Therefore, I seek for observations of unusual measurements that are persistent for a period of time and for azimuthal angles that differ
significantly from the expected values.
I first measure the polarization directions of teleseismic P and S waves using the
Principal Component Analysis (PCA; Pearson, 1901) in the time domain (Section 4.1.2).
In addition to obtaining the apparent incident angles θv and φv for P and S waves, respectively, in the vertical-radial plane, the azimuthal angle of the P wave is obtained
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using the first principal component of the complete three-dimensional data. Note that
the apparent S-wave incident angles are defined as the direction perpendicular to the
particle motion. The P azimuthal angles are converted to acute angles θh , measured
from the north-south direction (Figure 6.1). Predicted backazimuthal direction from
station and earthquake geometry is also converted into acute angles, θ0 , from the northsouth direction. For each station, the three types of measured angles, θv , φv , and θh ,
and the predicted azimuthal angle, θ0 , are analyzed with respect to their corresponding
hypocentral times.
The angles are effective in detecting cases where one of the three components has
anomalously low or high amplification factor compared to those of the others. For example, if the vertical component has a considerably low gain, both P and S particle
motions will be dominantly recorded in horizontal components, resulting in θv close to
0◦ and φv close to 90◦ . On the contrary, if the vertical component has unusually high
gain compared to the horizontal components, the P and S vertical angles θv and φv will
become close to 90◦ and 0◦ , respectively. Similarly, if the north-south component has
anomalously low or high gain compared to the east-west component, the horizontal angle θh will be close to 90 or 0◦ respectively. The angle θh , however, can be close to 0 or
90◦ , because the backazimuth is close to north-south or east-west direction, and not because of the problem in the instrument. Thus, one needs to examine if the θh is distinct
from θ0 and at the same time close to 0 or 90◦ .
Detection of the problem with the instrument gain is based on a two-step procedure.
First step is to identify obvious issues by examining the measurements in a moving time
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Figure 6.1: Geometry of the observed particle motions in the vertical-radial plane for
(a) P and (b) S waves, and horizontal plane for (c) P wave at a station (triangle). The
particle motion or polarization directions are shown by arrows for P (blue) and S (red)
waves. The angle θv correspond to the apparent incident angle measured from the vertical (dashed line) for the P wave. The angle φv is defined similarly for S wave, except
that it corresponds to the direction perpendicular to the particle motion. The angles θh
and θ0 are acute angles measured with respect to north-south direction for P wave and
the backazimuth with respect to the earthquake (star), respectively.

141

Chapter 6. Instrument Problem Detection
90˚

γ1

θvj+k
τ

θv

τ
θvj
0˚

tj

γ1
kΔt

tj+k

time

Figure 6.2: Schematics of the first step of the detection process for P vertical angles θv
(gray circles) using moving time windows (yellow shades). At the jth time step tj , the
j
j
time window of length τ is examined to calculate the median angle θ¯v . The angle θ¯v is
in between the threshold values γ1 and (90◦ − γ1 ) and, thus, the time window does not
satisfy either condition (I) or (II). The (j + k)th time window, however, meets the first
part of condition (I).

window of length τ . For the jth time window centered at tj , I take the median of the
measurements within the window, i.e., from ti −0.5τ to ti +0.5τ , and denote them as θ¯vi ,
φ¯iv , θ¯vi , and θ¯0i (Figure 6.2). The median values are checked if they satisfy the following
four conditions,
(I) θ¯vi > 90 − γ1 and φ¯iv < γ1 ,
(II) θ¯vi < γ1 and φ¯iv > 90 − γ1 ,
(III) θ¯hi > 90 − γ1 and |θ¯hi − θ¯0i | > γ2 ,
(IV) θ¯hi < γ1 and |θ¯hi − θ¯0i | > γ2 ,
where γ1 and γ2 are small threshold angles. The threshold γ1 is for comparing measurements to vertical, north-south, and east-west directions, while γ2 is for comparing
measurements to the predicted angles. The conditions (I) and (II) indicate that the vertical sensor has incorrect gain with respect to the horizontal sensors. The conditions
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(III) and (IV) indicate that the gain of the north-south sensor is too small and large, respectively, compared to the east-west sensor. The median values work better than the
averages, since they are not strongly biased by the outliers. It allows the detection of the
time period where majority of the measurements are problematic with a few outliers.
The second step is to perform a cluster analysis (e.g., Anderberg, 1973; Jain &
Dubes, 1988). It is applied to the data did not belong to any of the four categories in
the previous step, to identify any remaining anomalous measurements that are distinct
from the others. Data from each earthquake are organized into a vector composed of
six elements: ti , θvi , φiv , θhi , wiP , and wiS , where wiP and wiS are the robustness of the
ith P and S polarization measurements, respectively. The robustness parameters are
obtained from the linearity of the particle motion, i.e., the amount of total variance in
the particle motion explained by the major direction (Chapter 4; Park & Ishii, 2018). The
distance between vectors associated with different earthquakes are defined as Euclidean
distance that is normalized by the variance of the each of the six components. Based
on the relative importance of the component, weighting factors, fk (k = 1, · · · , 6), are
assigned to the six components in calculating the distances. The distances are used to
construct the agglomerative hierarchical cluster tree and to form clusters such that the
distances between clusters are larger than a cut-off value. Clusters other than the main
one that contains the most number of the data are considered anomalous and classified
as data with potential issues.
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6.2

Data

The new method for detecting the instrument response issue is applied to the HighSensitivity Seismograph Network (Hi-net; Okada et al., 2004), using the recordings
from teleseismic earthquakes (Figure 4.2a). I use an identical set of earthquakes, i.e.,
events deeper than 60 km, with Mw greater than 6, which occurred between 2004 January and 2016 April in the teleseismic distance range of 30 to 90 degrees, as analyzed
in Chapter 4 (Figure 4.2b; Park & Ishii, 2018). See Section 4.2 for detailed discussion on earthquake and data selection. The National Research Institute for Earth Science and Disaster Resilience (NIED) provides Hi-net waveform data, station misorientation information, and a “channels table” file that includes sensor gain information
(http://www.hinet.bosai.go.jp). I utilize all the given information to correct the data.
For each station, measurements of θv , φv , and θh are collected (Figures 6.3 and 6.4).
θv ranges from near vertical to about 30◦ as expected for teleseismic arrivals, where
the variation in the angle is mainly caused by different earthquake distances and noise
in the data (Chapter 4; Park & Ishii, 2018). The S vertical angle φv is also mainly
distributed under 40◦ for the robust measurements. However, the φv measurements have
larger scatter than θv and smaller robustness wS than wP due to clearer P arrivals than
S arrivals. Additionally, for S waves, high SNR does not necessarily guarantee a good
quality SV signal, since the S signal window consists not only of the SV wave but also
of P coda and SH arrivals. The horizontal P angle θh is nearly evenly distributed from
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Figure 6.3: Measured angles (gray circles) corresponding to (a) θv , (b) φv , and (c) θh
at station TARH. The data are shown as a function of time from 2004 to April of 2016.
The different shades of gray represent the robustness of each measurement, wP in (a)
and (c), wS in (b). The circles with red outlines are those identified to have instrument
issue in the vertical component in the first step. The circles with blue plus signs are
those detected in the second step.
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Figure 6.4: Same as Figure 6.3, except that it is for station TKTH and the magenta
outlines represent the identified instrument issues in the horizontal components in the
first step.
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near north-south to near east-west directions, reflecting the azimuthal coverage of the
earthquakes used in the analysis.

6.3

Results and Discussions

For each Hi-net station, the two-step procedure of instrument issue identification is performed. I have tested using different values for the time window τ , thresholds γ1 and γ2 ,
and the weighting factors f1 , · · · , f6 . For the time window τ , two distinct lengths are
used. Half a year is found to be optimal to include enough vertical angle measurements
to detect the persistent instrument issue while providing time resolution. On the other
hand, horizontal angles are not only about half the number of vertical measurements
by considering only P waves, but also less robust since horizontal component of the P
particle motion is smaller in amplitude than vertical. Therefore, one year is used as the
time window for the horizontal measurements to ensure the reliability of the problem
detection. In terms of the thresholds γ1 and γ2 , I find 10 and 20◦ , respectively, work
well compared to smaller values such as 1 or 5◦ . The larger value of γ2 comes from considering that the measured horizontal angles may be affected by anisotropic structure
that would result in larger variation in θh . The weighting factors in the second step are
set as unity except for the robustness parameters wP and wS . The two parameters are
not as crucial in measuring distances in the cluster analysis as the other four, i.e., timing
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and angles, and are weighed less by factor of 2.
Performing the first step of the analysis detect issues at various time periods for 188
out of 790 Hi-net stations. 175 and 38 stations are identified with potential problems
in vertical and horizontal components, respectively, of which 25 of the stations have
issues for both. For example, station TARH has issues with the vertical component
from about 2009 to 2011 (Figure 6.3). The anomalous measurements correspond to the
condition (I), indicating that the gain of the vertical component is too small compared to
the horizontal components. The horizontal angles θh show no anomalies during this time
period. Note that some measurements at the end of 2008 and early 2011, i.e, at the ends
of the problematic time range, are also categorized into condition (I) in the analysis. It is
because the algorithm considers all the measurements within the specified time window
have potential issues, if any of the conditions (I)-(IV) is met. These measurements near
the edges may or may not be anomalous, but I take a conservative approach to ensure that
the remaining data are free of instrument problems for analyses such as the investigation
of the near-surface wave speeds (Chapter 4).
Considering that the time window of half a year is used, it is difficult to detect problems that occur within a shorter time range for the vertical component. Such short-term
issues are detected using the second step through the cluster analysis. For the station
TARH, measurements in the early 2004 have anomalously low vertical amplitude compared to the horizontal components, which are not detected using the first step. There is
another measurement that is detected in the second step. It is a single measurement in
the last half of the 2008, just before the major time period detected in the first step. The
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detected measurement is the most anomalous among the vertical measurements excluding the other detected measurements. It is possible that the year of 2008 is showing the
transition from normal to problematic time periods, considering the increasing and decreasing trends in the θv and φv measurements, respectively. The cluster analysis does
not pick up the transitioning period as a separate cluster, because the changes in the
measured angles are gradual rather than abrupt to be clustered separately. Such gradual changes, therefore, should be examined by the operators to verify whether they are
caused by instrumental issues or not.
Station TKTH also exhibits issues with its vertical component from the end of 2009
to mid 2010 (Figure 6.4). Note that a measurement that exhibits similar behavior as the
data classified as problematic exists right after the identified window but is not detected
through the first step. This is because the measurement is immediately followed by a
large number of measurements within about two months that do not have instrument
issue, resulting in medians θ¯vi and φ¯iv that are of typical values. However, the measurement stands out as an anomalous value, and is caught by the second step. There are
two more individually detected measurements through the cluster analysis, which are
characterized by significantly larger P vertical angle than the others. Considering that
these are isolated incidents, they might not be associated with the instrument problem
but are outliers in the data, possibly due to noise.
In addition to anomalies detected using the vertical angles, the station exhibits problems on the horizontal components from late 2005 to late 2007. During the time period,
θh is close to zero, i.e., corresponding to the condition (IV) in Section 6.1, indicating
149

Chapter 6. Instrument Problem Detection
that the east-west component has amplification factor that is too small. This is also supported by θv being lower than average, i.e., the arrivals appear more vertical, caused by
the total horizontal amplitude being smaller than it should be. Similar to the vertical
component detections, the measurements at both ends of the problematic time period
are detected based on the conservative approach.
Among the 188 stations detected with problems in the first step, 70, 115, 27, and
12 of them correspond to the condition (I) to (IV), respectively, indicating that there are
more issues in vertical (relative to horizontal) than between the two horizontal components. 32 stations including the station TKTH exhibit issues corresponding to more than
one conditions. For 7 stations ASGH, HASH, HTSH, NMTH, NRYH, ODWH, YSTH,
the entire polarization measurements are identified with issues, and 15 additional stations have more than half of the measurements with issues. The second step detects
anomalous measurements in most of the stations, i.e., 703 out of 790. 154 stations have
issues detected from both steps, while 549 stations have measurements identified only
in the second step. However, in most cases, only a handful of measurements for each
station are identified through the second step, which may corresponds to outliers due to
noise rather than instrument problems. Only four stations have more than 10 measurements identified by the second step. Given the number of total measurements, the first
and second step detects 3.3% and 1.5% of them, respectively. In terms of time periods
of the detected issues, its distribution is similar to that of event times used in the analysis, suggesting that there is no particular time window associated with large number of
issues at many stations.
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6.4

Conclusions

I have presented a new technique to detect instrument issue in a three-component seismograph based on body-wave polarization. The method is composed of two steps: (1)
identifying time windows with problematic measurements and (2) isolating individual
anomalous measurements using cluster analysis.
The technique is applied to data from the Hi-net array, composed of 790 stations,
over 12 years. Issues are found for 188 stations from the first step of the procedure. The
second step has detected individual measurements potentially associated with short-term
instrument problems. There are individual measurements identified in the second step
that are isolated occurrences, which might not be associated with instrument problems,
but are simple outliers due to effects such as noise in data. Additionally, some stations
show transitioning periods where the measurements drift from normal to extreme values.
A subset of these are detected in the first step if they are within the analyzed time window
or in the second step through the cluster analysis. It is unclear, however, if all of these
measurements are indeed representing the instrument gradually developing the issues,
which requires further investigation.
The detection method introduced in this Chapter is effective and efficient in computation, useful for both station operators and data users to identify the instrument issues. Depending on the intended use of the results, one can control how conservative
the detection need be, by tuning the parameters such as the lengths of time windows,
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thresholds, and whether or not to classify all the measurements in a detected time window as problematic. By improving the data coverage in azimuth and incident angles
or combining with surface wave data, the body-wave polarization measurements can be
further utilized to detect misorientations in three-component instruments.
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Supplemental Materials for Chapter 2

A.1

Bootstrapping Method

In order to estimate the uncertainties of the model parameters, the bootstrapping method
is adopted and a range of values for each parameter is obtained. The random resampling
maintains the same number of data points used in the inversion, and the procedures of
assigning individual weighting, grid search for the initial model, and the iterative inversion are performed for each data set. These steps are repeated one thousand times, and
the two-standard deviation is used as an estimate of uncertainty whenever the distribution is Gaussian.
Applying bootstrapping for the uncertainty estimates for Event 1 results in distribu-
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Figure A.1: Bootstrapping results for Event 2. (a) Histogram of source duration τ
obtained from bootstrapping a thousand randomly-sampled data sets (grey bars). Thick
solid lines represent the value obtained from the inversion using all the data. (b) Same
as (a) except for the ratio of pseudo-rupture speed to P-wave speed k. (c) Same as (a)
except for the rupture dip γ. (d) Same as (a) except for the rupture azimuth φ.

tions of the four parameters that can be approximated as Gaussian (Figure A.1). The values of source duration using different resampled data sets range between 24 and 27 seconds. The mean is 25.4 seconds with the standard deviation of 0.4 second, consistent
with the inversion result of 25.6 seconds. The pseudo-ratio of rupture to compressional
speed k varies between 0.24 to 0.31, resulting in the mean of 0.27 and standard deviation
of 0.01. The dip angle takes values from 30 to 54◦ , and its distribution is not symmetric.
The distribution has a longer tail in small angles, i.e., negative skewness, and the mean
is 45◦ with the standard deviation of 4◦ . In contrast, the distribution for the azimuth is
nearly symmetric with values ranging from 35 to 51◦ . Its mean and standard deviation
are 43 and 3◦ , respectively.
Unlike nearly unimodal, Gaussian distributions obtained for Event 1, the distributions of three parameters, source duration, pseudo-speed ratio k, and dip for Event 2 are
skewed and are multi-modal (Figure A.2). The source duration values are mostly between 36 and 38 seconds, but there is a long tail up to 46 seconds. There are additional
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Figure A.2: Same as Figure A.1 but for Event 2.

peaks in the distribution around 40 seconds and 44 seconds. Similarly, the values of the
pseudo-ratio of rupture to compressional wave speed ratio lie between 0.11 and 0.27,
mostly concentrated between 0.11 and 0.18, and show a small secondary peak in the
distribution. The distribution for dip is nearly identical to the distribution for the source
duration, with three peaks and most estimates in the range between −30 and 0◦ . The
maximum value for dip is 65◦ . The only parameter that shows nearly Gaussian distribution is azimuth. It has a broader distribution compared to that of Event 1, with a single
peak around 243◦ .
The symmetric and unimodal behavior of the azimuth distribution can be explained
by the good azimuthal coverage (Figure 2.8). On the other hand, constraints on the
remaining three parameters are affected strongly by the limited coverage. There are
only two measurements in the upper hemisphere, because most of the stations close to
the earthquake are within the triplication distance range. The two remaining stations
are also isolated, leading to large weighting based upon station density. During the
bootstrapping procedure, if a randomly-sampled data set contains none or only one of
the two upper-hemisphere data, the set yields values away from the main peak. The two
155

Appendix A: Supplemental Materials for Chapter 2
additional peaks observed in the distribution of source duration, speed ratio, and dip
angle are related to randomly-sampled data sets that include one or no observation from
the upper hemisphere. The uncertainties described in the main sections of the Chapter,
therefore, are obtained from bootstrapping analysis where the two upper hemispheric
data have been included in every resampled data sets.

A.2

Back-Projection Method

Following Ishii (2011), “coherency” of the traces at back-projected locations are calculated. This calculation requires the linear stacks to be obtained first, so there are
two types of back-projected results that are used in the discussion. Because the waveforms have sharp onset, a feature commonly observed for deep-focus earthquakes (e.g.,
Frohlich, 2006), the P-wave arrival times are hand-picked instead of cluster analysis
used in earlier studies (e.g., Romesburg, 1984). The waveforms are then cross-correlated
starting from the picked time with a small (0.4 seconds) adjustment time window. This
procedure realigns seismograms well.
The seismograms are back-projected to the source region on a horizontal grid placed
at the hypocentral depth. Because the direct P wave is used in the analysis, the depth
resolution is poor (Kiser et al., 2011) and changing the grid depth does not change the
relative locations of the subevents significantly. One could improve the depth resolution
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by combining the P-wave data with depth phases (e.g., pP and sP; Kiser et al., 2011),
but it comes at the expense of losing spatial resolution due to lower frequency content
of the depth phases. Because the spatial extent (e.g., fault length) of the two events is
small, I focus on the horizontal variations using only the P-wave information.

A.2.1

Identification of Subevents using Back-Projected Stacks

Back-projection of relatively high-frequency data are suitable for identifying small events
or subevents of large earthquakes (Kiser & Ishii, 2013). If there is a release of seismic
energy that is observed at many stations of the array, it is imaged as a peak in the coherency function that is localized in time and space. Based upon this property, the
event-detection is performed in four steps. First, the maximum coherency amplitude is
determined as a function of time (e.g., Figure 2.10b), and maxima of this function, i.e.,
potential event/subevent times are identified. Second, a two-dimensional map of energy
distribution is generated at a given maximum time. If the two-dimensional pattern exhibits a localized signal above the background noise, it is cataloged as an event/subevent.
At this point, there is a possibility that additional events may exist, but are hidden in the
strong signal associated with the event that has just been cataloged. As the third step,
the space around the detected event are zero-ed out to bring out smaller signal. The
last step is to redo the analysis on the modified data. The maximum coherency function
is re-calculated, and if any peaks are identified, a two-dimensional map is generated to
examine if it qualifies as an event. This procedure is repeated until no significant signal
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remains.

A.2.2

Data used in the Back-Projection Analysis

The back-projection analyses are performed using data recorded in North America obtained through the IRIS DMC under the network codes US-ALL and CN. For the
Mw 8.3 event in 2013, data are supplemented by 12 stations of the Superior Rifting
EarthScope Experiment (SPREE; Stein et al., 2011; data courtesy of S. van der Lee).
The data are dominated by the Transportable Array (TA) stations (http://www.usarray.org/
researchers/obs/transportable), and the SPREE stations expand the TA coverage
(Figure A.3). Stations with obvious issues are discarded, and in order to focus on the
direct P-wave arrivals, stations within 30 to 90◦ epicentral distance are used. These criteria result in 546 stations for the Mw 7.7 August 14, 2012 earthquake (Figure A.3a)
and 587 stations for the Mw 8.3 May 24, 2013 earthquake (Figure A.3b). The large
aperture of these data sets provides good distance and azimuthal coverage. For the
high-frequency analysis, the data are filtered between 0.8 and 2.0 Hz. All data are
down-sampled to 0.1-second interval.
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Figure A.3: Station Coverage for the Back-Projection Analyses. (a) Stations (blue triangles) used for the analysis of the Mw 7.7 August 14, 2012 earthquake. The stations
are parts of Alaska Tsunami Warning Seismic System (NOAA/NWS/West Coast-Alaska
Tsunami Warning Center), ANZA Regional Network (IGPP, University of California,
San Diego), Berkeley Digital Seismograph Network (Berkeley Seismological Laboratory), Caltech Regional Seismic Network (Caltech/USGS), Canadian National Seismograph Network (Geological Survey of Canada), Global Seismograph Network (IRIS),
International Miscellaneous Stations, Lamont-Doherty Cooperative Seismographic Network (Lamont-Doherty Earth Observatory of Columbia University), Leo Brady Network, Ozark Illinois, Indiana and Kentucky ES Flexible Array, United States National
Seismic Network (ANSS Data Collection Center), University of Oregon Regional Network (University of Oregon), University of Utah Regional Network (University of
Utah), and USArray Transportable Array (IRIS and EarthScope). (b) Same as in (a)
except for the Mw 8.3 May 24, 2013 earthquake. The red triangles are the additional
stations from the SPREE project (Stein et al., 2011).
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A.2.3

Additional Discussion of the Back-Projection Results

The back-projection grid is set up to be 6◦ by 6◦ square with a 0.1◦ increment around
the hypocenter. This covers an area that is much larger than is required to observe the
rupture properties of the two earthquakes, and only relevant regions are shown in the
figures. The areas outside of what are shown had nearly zero back-projected amplitude.
The maximum coherency function (e.g., Figure 2.10b) is useful in identifying subevents,
but is not particularly suitable for estimating event duration. One issue is smearing over
time. The calculation of the average cross-correlation value (“coherency”) requires a
time window to be selected (Ishii, 2011) that leads to smearing of coherency values in
time. This effect is most obvious at the beginning of the event as seen in the maximum
coherency function plot (Figure 2.10b). The first subevent corresponds to the largest
coherency value which is artificially imposed by ensuring that the initial few seconds of
the waveforms are aligned well. This largest value is the event initiation time, but due to
the time smearing, the increase in the coherency function occurs prior to the maximum
value, i.e., before event initiation. For this reason, I use the linear stack amplitude to
estimate the event duration. The maximum coherency value (or the timing of the first
subevent) corresponds well to the time at which the maximum linear amplitude begins
to increase, i.e., beginning of the rupture, and the end of the rupture is estimated when
the function falls below the background noise level. Finally, note that the maximum
linear stack function has rougher appearance compared to the coherency function (e.g.,
Figure 2.10b). This difference arises from the time-averaging applied in the coherency
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function calculation which does not exist in the linear stacking.
For the Mw 8.3 event, subevent 3 (yellow star/vertical bar in Figure 2.11) appears
where there is no peak in the coherency function (Figure 2.11b). This subevent is visible
in a two-dimensional plot around this time, but is weaker than subevent 2. Its timing is
identified when areas around subevent 2 are removed, and the maximum coherency
function is recalculated. A distinct peak corresponding to subevent 3 is observed in time
and space. Because these two subevents are spatially separated beyond the resolution
limit, they can be recognized through this procedure.
On the other hand, the last subevent to the southwest of the epicenter is clearly
resolved using the coherency function (Ishii, 2011). In the time domain, it is seen as a
peak around 38 seconds from the initiation of the event (Figure 2.11b), and it also results
in a robust signal in space, well above the background noise. However, the amplitude
associated with this subevent is small, i.e., at a noise level, if only the amplitude stacks
are considered in the back-projection analysis (Figure 2.11b). The amplitude at this
time and location is stronger if raw data, instead of filtered data, are used (Figure A.4).
If subevent identification is performed using the back-projected stacks of raw seismograms, the final subevent moves slightly to the east, at a location that is roughly between
the yellow and blue stars in Figure 2.11(a).
If maximum amplitude of linear stacks is used to estimate the Mw 8.3 event (Figure 2.11b), the duration is around 30 seconds. This is shorter than the 38 seconds reported in the main text, and excludes the final subevent. Noting that the final subevent
appears to be a robust feature using the coherency function, and that back-projection of
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Figure A.4: Back-Projection Result of the 2013 Mw 8.3 Earthquake using Raw Data.
Same as in Figure 2.11(b) except that the curves correspond to back-projection of raw
seismograms (i.e., no filtering). Note that because the data contain lower frequency
information, the curves appear smoother than in Figure 2.11(b).
the raw seismograms support it, I estimate the duration of this earthquake using the time
between the last and the first subevents.

A.3

Effect of Data Coverage on Rupture Parameters

The new inversion method presented in this Chapter requires manual picking to measure durations at each station, where reducing the number of data would expedite the
rupture parameter estimation process. To test this possibility of the method becoming
a routine procedure for rapid rupture characterization, I have performed an inversion
using a subset of the data. A subset is randomly selected so that any pair of stations are
at least 10◦ apart from each other on the focal sphere, which results in about 40 to 50
data points, significantly less than the complete data set (1102 and 1037 data points for
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Events 1 and 2, respectively). In order to examine the range of solution, an inversion
is applied to a thousand subsets. For Event 1, the estimates form normal distributions
described by their means and the two standard deviations: 26±1 seconds, 0.27±0.05,
52±7◦ , 46±10◦ , for the source duration, parameter k, rupture dip, and azimuth, respectively. The parameters are consistent with the original results (Table 2.1), but with
larger uncertainties than the original case due to the smaller number of data. A similar
result occurs for Event 2, where the estimated parameters are 36±1 seconds, 0.15±0.05,
−38±14◦ , 245±22◦ . The dip differs from the preferred solution, and its weaker constraint arises from the poor dip coverage in the data. If the same process is repeated
but with new subsets that are sampled every ∼5◦ , all the estimates are consistent with
the original results: 37±1 seconds, 0.15±0.03, -25±11◦ , 244±12◦ , for the source duration, ratio of rupture to compressional speed, rupture dip, and azimuth, respectively.
Hence, the method presented in this Chapter can be applied to a small data set, consisting of about 50 or less stations that are globally distributed. I also note that the inversion
scheme itself is computationally inexpensive, and an optimal solution can be obtained
rapidly (∼40 seconds with a single 2.66-GHz core) even using the full data set.
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Figure B.1: Velocity profiles and gradients around the 660-km discontinuity obtained
from all events. Plots are the same as Figure 3.4 except for the additional red dotted
lines which represent the average values from bootstrapping.
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Figure B.1: (continued)
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Figure B.2: Same as Figure B.1 except that the plots are for the 410-discontinuity.
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C.1

Effect of the Borehole

One complication for the Hi-net data arises from the fact that the instruments are located
in a borehole. The relationship between the seismic wave speed and the wave polarization described in the Method section (Section 4.1.1) is based on the instrument at the
free surface such that the incident and reflected waves superimpose to generate the observed ground motion. At a borehole station, the incident and reflected waves arrive at
distinct times, potentially requiring a different framework for their analyses.
I have performed synthetic tests to examine the effect of different borehole depths
on polarization measurements and the inferred wave speeds with the surface-station as-
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sumption (Figure C.1). The synthetic seismograms at different depths are generated by
convolving Equations 4.1 and 4.8 with the incoming P and S waveforms, respectively.
In order to perform the test with realistic waveforms, I use normalized P and S seismograms from an Mw 6.6 earthquake that occurred in Molucca Sea on August 26, 2012 as
incoming P and S waves, respectively. The ray parameter of 7 and 13 s/deg for P and
S data, respectively, and the compressional and shear wave speeds of 3.2 and 1.7 km/s,
respectively, are used as input values, which corresponds to incident angles of 11.6◦
for P and 11.5◦ for S. The instrument depths of 0 (surface), 0.1, 0.2, 0.3, 0.5, 1, 2 km,
are considered where 0.1 and 0.2 km are the depths at which nearly 90% of the Hi-net
instruments are located. Another 5% of the instruments are situated between 0.3- and
0.5-km depths, and the remaining 5% are at deeper depths, as deep as 2 km.
At each depth, the P- and S-polarization angles are measured with uncertainties
associated with the linearity of the particle motions. Using these measurements, compressional and shear wave speeds are estimated for comparison against the input values.
In order to investigate the effect of the noise in the data, I repeat the polarization measurement and wave speed estimation using noisy synthetic waveforms. The waveforms
are obtained by adding noise signal from 500 different noise time windows of real data
to the synthetics with the median SNR of the data, i.e., 7.5 for P and 3 for S wave.
They result in 500 wave speed estimates, where their standard deviation becomes the
uncertainty in the estimate representing the effect of noise.
The synthetic waveforms for a station at the surface have maximum amplitude of
twice the incident P wave, as expected from the free surface effect. The particle mo-
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Figure C.1: Synthetic analyses showing the effect of the borehole depth. (a) Each row
represents different borehole depth ranging from 0 to 2 km. The left panel shows the
radial (red line) and vertical (blue line) motion resulting from an incoming P wave combined with reflected P and S waves computed based on Equation 4.1. The incident P
waveform is taken from the vertical P waveform of 2012/08/26 Mw 6.6 earthquake in
Molucca Sea region recorded at TOBH station, and is identical to the waveform computed at the surface, i.e., 0 km. The theoretical ray parameter is 7 s/deg and the input
compressional and shear wave speeds are 3.2 and 1.7 km/s, respectively. The thick cyan
and purple sticks represent the predicted vertical and radial amplitude of incoming P, reflected P, and reflected S motion arising from an impulsive source with unit amplitude.
Only for the surface instrument, the three phases arrive at the same time, and with increasing depth, the arrivals become more separated. The right panel shows the particle
motion in the radial (x)-vertical (z) plane for the first 5 seconds corresponding to the
yellow shaded time window in the left panel. The angle at the bottom is the apparent
polarization angle measured using PCA, where the uncertainty estimates are obtained
from the linearity of the particle motion. (b) Same as (a) except that the analysis is for
the S-wave polarization using the radial S waveform from the same earthquake and the
theoretical ray parameter of 13 s/deg. For each depth, the compressional (α) and shear
(β) wave speeds corresponding to the measured P and S angles are indicated on the
right, where uncertainties are obtained using 500 different noise-added synthetic data.
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tions are perfectly linear, with the polarization measured as 12.3◦ and 12.0◦ for P and
S incidences, respectively, where the S angle is measured for the direction orthogonal
to the particle motion. Note that these angles are different from the incident angles,
demonstrating the effects due to the reflected waves. There is zero uncertainty for both
P and S measurements based upon the linearity of noise-free synthetics, since the signal is perfectly linear (wP = wS = 1). Using the measurements of P and S apparent
angles and the 500 noise-added synthetics, the corresponding wave speed estimates are
3.2±1.6 and 1.7±0.3 km/s for compressional and shear wave speeds, respectively, values which agree with the input compressional and shear wave speeds. Note that the
uncertainties are large since, effectively, only one P and one S measurements are used to
search for wave speeds, and should not be confused with the uncertainties arising from
fitting multiple P and S measurements.
For instruments at depth, the same calculation is performed to obtain the angle,
wave speeds, and their uncertainties. The P- and S-polarization angles decrease and
increase, respectively, down to about 0.5 km, which results from the later arrival of the
reflected S wave that reduces the relative amplitude of the horizontal component. Also
note that since S waves are longer period than P waves, the differences in the arrival
times of incident and reflected waves have smaller effect in changing the total wavefields and measured angles. Therefore, the inferred S angles remain more stable than P
angles at shallow depths, e.g., less than 2◦ change for S compared to about 4◦ change for
P in the top 0.5 km. This is also reflected in the linearity of the particle motion, where
the uncertainties increase as a function of depth, with S maintaining higher linearity
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than the P motion. On the other hand, the inferred wave speeds decrease for both compressional and shear waves with depth; for example, at 0.1 km, the compressional and
shear wave speeds are calculated to be 2.9 and 1.6 km/s, respectively, 0.3 and 0.1 km/s
less than the true values. This suggests that the wave speeds may be underestimated
at Hi-net borehole depths, and the magnitude of the underestimation is larger for the
compressional wave speed. After about 0.5 km, the polarization measurements and the
corresponding wave speeds either increase or decrease, depending on the waveform of
the incident wave, which implies that interpreting the wave speed estimates for stations
deeper than 0.5 km requires caution. However, only a small fraction of stations are at
such depths, and their wave speed estimates do not affect the overall conclusions of the
Chapter.
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